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Abstract The surface morphology of icy moons is affected by several processes implicating exchanges between their subsurfaces and atmospheres (if any). The possible exchange
of material between the subsurface and the surface is mainly determined by the mechanical properties of the lithosphere, which isolates the deep, warm and ductile ice material
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from the cold surface conditions. Exchanges through this layer occur only if it is sufficiently
thin and/or if it is fractured owing to tectonic stresses, melt intrusion or impact cratering. If
such conditions are met, cryomagma can be released, erupting fresh volatile-rich materials
onto the surface. For a very few icy moons (Titan, Triton, Enceladus), the emission of gas
associated with cryovolcanic activity is sufficiently large to generate an atmosphere, either
long-lived or transient. For those moons, atmosphere-driven processes such as cryovolcanic
plume deposition, phase transitions of condensable materials and wind interactions continuously re-shape their surfaces, and are able to transport cryovolcanically generated materials on a global scale. In this chapter, we discuss the physics of these different exchange
processes and how they affect the evolution of the satellites’ surfaces.
Keywords Subsurface · Surface · Atmosphere · Icy moons

1 Introduction
The Galileo mission (1995–2003) and the Cassini-Huygens mission (2004–current) in orbit
around Jupiter and Saturn, respectively, revealed that these two giant planets host several
very active moons. One of the most spectacular discoveries is certainly the observation of
active jets of water vapour and icy particles above Enceladus’ south pole, which demonstrates how active icy moons can be (e.g. Porco et al. 2006; Spencer et al. 2006). A wide
variety of surface features have been identified on these icy moons, which clearly indicates
that their surfaces are continuously shaped by interactions with their interiors, and with their
atmospheres, if any (see Prockter et al. 2010, this issue).
Numerous cryovolcanic and tectonic structures have been identified on the surface of Europa (e.g. Pappalardo et al. 1999; Fagents 2003), Titan (Sotin et al. 2005; Lopes et al. 2007;
Radebaugh et al. 2007), Ganymede (e.g. Schenk and Moore 1995), Triton (e.g. Smith et al.
1989) and other moons. On Europa, the discovery of hydrated salts on its surface (McCord
et al. 1998) supports the idea that exchanges between the internal ocean and the icy crust
have occurred throughout Europa’s history and are probably still occurring. On Titan, the
measurements performed by the Huygens mass spectrometer (Niemann et al. 2005) provide
circumstantial evidence that the atmospheric methane is supplied by internal outgassing
processes associated with cryovolcanic activity, maybe still operating (Tobie et al. 2006).
On Enceladus, there is now no doubt that exchanges between the interior and the surface,
anticipated since the Voyager era (Squyres et al. 1983), are occurring, and that sampling
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of the water vapour plumes provides a unique opportunity to probe the composition of its
subsurface (Waite et al. 2006).
Titan and Triton are the only moons to have atmospheres of mass sufficient to affect
surface processes. On Triton, even if the atmosphere is relatively tenuous (<20 µbar, Elliot
et al. 2000), seasonal sublimation-condensation of the nitrogen frost affects the surface morphology and activity (e.g. Spencer 1990). On Titan, evidence of aeolian and fluvial features
is widespread and shows that interactions between Titan’s atmosphere and surface are continuously occurring through the methane precipitation cycle and wind (Tomasko et al. 2005;
Lorenz et al. 2006; Lunine et al. 2008). Interestingly, the angular momentum associated with
atmospheric global circulation is so large on Titan that it may affect the rotation of the whole
satellite (Tokano and Neubauer 2005; Lorenz et al. 2008a; see also Hussmann et al. 2010,
this issue).
Even though there is more and more evidence in favor of endogenic activity on icy
moons, the internal processes leading to such activity still remain poorly constrained. Interactions between the warm interior and the cold surface of the icy moons are controlled by
the upper rigid layer, termed the lithosphere, which naturally forms at shallow depths owing
to the decrease of temperature (and resulting increase of viscosity). Exchanges are possible
only if this rigid upper layer is sufficiently thin and/or fractured. Various processes, including
impact cratering, tectonic stress concentration, or plume-induced melting, can be invoked to
induce lithosphere fracture. A good knowledge of the lithospheric structure is required to
understand the efficiency of these different processes and their impact on interior-surface
exchanges.
In this study, after describing the mechanical properties of icy satellite lithospheres in
Sect. 2, we discuss the mechanisms responsible for exchange between the interiors and the
surfaces of the icy moons (Sect. 3). Finally, for volatile-rich icy moons, internal outgassing
and interior-atmosphere coupling are discussed in Sect. 4.
2 Lithospheric Structure and Faulting
2.1 What is the Lithosphere?
The lithosphere of a planet/satellite is the near-surface part that behaves elastically or in a
brittle fashion under applied stress. In contrast, material in the deeper, warmer asthenosphere
deforms by viscous creep. The specific behaviour of the material depends on both the thermal state and the stress applied. Thus a lithosphere is not a fundamental attribute of a
planetary body, like a crust, but its thickness is in part determined by the applied stress.
Lithospheric thickness in turn can be used to obtain information on the stresses and especially, the thermal state of the body, which is important for constraining thermal evolution
models.
How can the thickness of the lithosphere be determined? The Maxwell time is the time
a substance will flow under an applied load before the creep strain equals the elastic strain
(Melosh 1989). It is given by τM = η/G, where G is the modulus of rigidity and η is the effective viscosity that depends on the strain rate (or stress) of the process and the temperature.
Thus, on time scales short relative to the Maxwell time the material behaves elastically (or
in a brittle fashion if the yield strength is exceeded), and on longer time scales viscous creep
occurs. As the viscosity (and with it τM ) is a function of depth, this in principle would allow
determination of the thickness of the lithosphere at given time scale and viscosity structure,
but the viscosity structure is usually unknown. A different, more suitable way to infer the
thickness of the lithosphere is therefore to make use of relationships between its thickness
and specific surface deformation features.
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2.2 Estimation of Lithospheric Thickness from Surface Features
2.2.1 Brittle Surface Deformations
Simple grabens: Simple grabens form when a narrow block drops down under extension.
They are bounded by normal faults that converge at the brittle-ductile transition (McKinnon
and Melosh 1980; Golombek and Banerdt 1986). Given the graben width w and fault dip δ
(the canonical value is 60°), the brittle lithospheric thickness (or brittle layer thickness) db
is
w
(1)
db = tan(δ).
2
Pinch and swell topography: Extension or compression of a brittle layer atop a ductile substrate can lead to instability (Fletcher and Hallet 1983; Herrick and Stevenson 1990) with
characteristic pinches and swells in the surface topography. The formation of the instability
is in particular favored by high surface thermal gradients. Predicted instability wavelengths
are 3–4 times (Fletcher and Hallet 1983) and 9–10 times (Dombard and McKinnon 2006)
the brittle layer thickness for extension and compression, respectively, which allows determination of db from measured wavelengths of topography.
2.2.2 Elastic Surface Deformations
Deformation by periodic loading: Loading of an elastic lithosphere by a periodic load
h = h0 sin(2πx/λ) results in deflections with maximum amplitude w0 given by (Turcotte
and Schubert 2002, p. 122):
w0 =

h0
,
1 + (λ0 /λ)4

(2)

where λ0 is a characteristic wavelength given by
λ0 =

√

2πα,

(3)

and α is the flexural parameter given by

α=

ETe3
3(1 − ν 2 )ρg

1/4
.

(4)

Here, E is the Young modulus, Te is the elastic thickness of the lithosphere, ν is the Poisson
ratio of the material, g is the gravitational acceleration, and ρ is the density of the surface
material. In (2), it is assumed that the load’s density is equal to ρ, and that the space vacated
by the deflected lithosphere is not filled in by the surface material.
At given wavelength λ these equations can be used to estimate Te if the degree of isostatic compensation of the topography is known. For example, mostly isostatically supported
topography, which could be detected by gravity field measurements, implies that elastic
forces are negligible and thus deflections are large, in turn implying that λ0 /λ in (2) is
smaller than ∼ 1/3.
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Deformation by horizontal loads: Horizontal stress can lead to buckling of the elastic lithosphere. If the stress reaches the critical value σc = α 2 ρg/Te an instability occurs
at which the lithosphere forms folds with wavelength λ0 (Turcotte and Schubert 2002,
p. 124). However, for the large icy moons the required stresses are likely too high (e.g.,
for Ganymede: σc ∼ 50 MPa taking E = 10 GPa and Te = 0.5 km) for buckling to occur,
but under low gravity conditions and for weaker lithospheres such stresses may be available
(e.g., for Enceladus: σc ∼ 4.5 MPa at E = 1 GPa and Te = 0.5 km). The wavelength of instability (3) increases with the elastic thickness of the lithosphere, which in turn is larger at
smaller strain rates and thermal gradients.
Deformation by disc-shaped loads: A more sophisticated load model was studied by
Brotchie and Silvester (1969).
They calculated the deflection w of an elastic, thin, spherical lithosphere by a disc-shaped
load of radius Rd and height h. For radial distances (from the load) r > Rd they obtained:
w = h · [s · ker(x) · ber (x) − s · kei(x) · bei (s)],
(5)
√
where x = βr , s = Rβd and β = α/ 2. ker, kei, ber and bei are Bessel-Kelvin functions of
zero order. If the load’s radius and height are known, measured deflection profiles allow α,
and thus the elastic thickness Te to be determined.
Deformation by line loads: The deflection w of a cracked elastic lithosphere under a line
load, the distance xb from the line load to the maximum amplitude of the forebulge, and the
distance xσ where the bending moment or the stress in the lithosphere is a maximum are
given by (Turcotte and Schubert 2002)
w = w0 exp (−x/α) cos(x/α),

(6)

w0 = V0 /(αρg),
3
xb = πα,
4
1
xσ = πα.
4

(7)
(8)

Here V0 is the line load. Fitting flexural profiles to such model profiles allows determination
of w0 (or V0 ) and the flexural parameter α, which yields Te . Alternatively, α and Te can
easily be obtained if xb or xσ can be measured.
The effect of more complicated loads can be determined by Fourier-transforming the
load and applying (2) to each wavenumber independently. For some simplified load models
(see below) useful analytic solutions still exist.
2.3 Relationship Between Brittle and Elastic Lithospheric Thickness and Temperature
Profile
For brittle surface deformations, given the brittle lithospheric thickness (or brittle-ductile
transition depth) and the strain rate of the process, the thermal gradient at the time of feature
formation can be derived from Yield Strength Envelopes (YSEs) (Golombek and Banerdt
1986) (Fig. 1a).
For elastic surface deformation, the relationship between Te as determined by loading
models and the internal thermal structure goes along similar lines. The point here is to use an
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Fig. 1 a YSEs adapted for Ganymede. The stresses controlling ductile creep involve dislocation creep, grain
boundary sliding, easy slip, and diffusion creep (Goldsby and Kohlstedt 2001). The stresses in the brittle
zone (extension/compression) are governed by frictional sliding (Beeman et al. 1988). If the brittle-ductile
transition depth and strain rate are known the thermal gradient (or heat flux) can be obtained. The dependence
on strain rate is weak: e.g. a simple graben with db = 1.9 km, which has formed at a strain rate of 10−14 s−1
yields a thermal gradient of 20 K/km (this figure). If the same simple graben would have formed at a strain
rate two orders of magnitude higher the resulting thermal gradient would only be 30% higher. The dashed
line demonstrates the increase of brittle layer thickness (here in extension) with strain rate at fixed thermal
structure (20 K/km in this case). b Schematic YSE of an up-warped lithosphere. There is only a small core
supporting elastic deformation. Beyond this region brittle failure and ductile creep occur. Tm denotes the
mechanical thickness of the lithosphere which marks the depth from where contributions to the total bending
moment of the lithosphere are negligible (9)

appropriate stress profile of the lithosphere because purely elastic lithospheres, as considered
above, do not exist. Bending stresses induced by warping of an elastic plate and exceeding
the yield strength of the material will be relieved by brittle faulting or ductile creep. A stress
profile taking into account these effects for a flexed lithosphere was suggested by McNutt
(1984) (Fig. 1b). Based on a balance of bending moments, she obtained the equation


12(1 − ν 2 )
Te =
EKmax



Tm

1/3
σ (z)(z − zn )dz

,

(9)

0

where σ (z) is the differential stress at depth z, Kmax is the maximum curvature of the elastic
core, Tm is the mechanical thickness of the lithosphere and zn is a depth fixed by the condition that the stress profile integrates to zero. As σ (z) depends on the temperature T (z) in
the ductile zone (9) relates Te to the near-surface thermal structure of the body.
2.4 Lithospheric Thickness and Internal Heat Flux of Icy Moons
The landforms observed on the icy moons (see Prockter et al. 2010, this issue) are specific
records of the internal evolution processes and lithospheric structure at the time of formation. Morphologic studies of these landforms in conjunction with modeling thus allow an
assessment to be made of the moons’ history.
2.4.1 Ganymede
Ganymede exhibits a subdued surface with relief limited to ∼ 2 km (Prockter et al. 2010,
this issue). This is suggestive of a generally thin lithosphere during its evolution. Based on
Voyager data, Golombek and Banerdt (1986) considered furrows on Ganymede (Prockter
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et al. 2010, this issue), as simple grabens or the result of an extensional necking instability.
Using the relationships given in Sect. 2.2.1 these authors derived brittle layer thicknesses of
5–10 km and, using YSEs, thermal gradients in the range of 1.5–6 K/km (adopting a surface
temperature Ts = 100 K). Based on higher resolution Galileo data, Nimmo and Pappalardo
(2004) related the topography of furrows (Prockter et al. 2010, this issue, Fig. 2) to flexural
uplift. Applying (6) and (9) they derived elastic thicknesses of ∼ 0.5 km, a brittle-ductile
transition depth of 2–3 km, and heat fluxes in the range of 60–80 mW m−2 (13–17 K/km
in a conductive ice lithosphere at Ts = 120 K), which is significantly higher than obtained
with Voyager-based analyses (note that a lower surface temperature of 100 K as adopted by
Golombek and Banerdt (1986) would increase these gradients further by some K/km).
Likewise, considering the younger grooves on Ganymede (Prockter et al. 2010, this issue) as imaged by Voyager as simple grabens or the result of an extensional necking instability, Golombek and Banerdt (1986) obtained brittle-ductile transition depths of 2–5 km
and thermal gradients in the range of 4.5–20 K/km. Subsequent Galileo analysis, however,
has strengthened the view that grooved terrain formed by an extensional necking instability (Collins et al. 1998; Dombard and McKinnon 2001). At measured groove spacings of
∼ 3–17 km (Prockter et al. 2010, this issue) this implies brittle-ductile transition depths of
∼ 1–5 km (Sect. 2.2.1) and thermal gradients ranging from ∼ 7 K/km to 40 K/km (Fig. 1a)
at the time the grooved lanes were formed. Such high heat fluxes are consistent with those
most favored for the development of the extensional necking instability under conditions
specific to Ganymede (Dombard and McKinnon 2001).
Flexural uplift as suggested for furrows has also been observed at younger rift zones. For
an elevated dark terrain flank (Prockter et al. 2010, this issue, Fig. 3) Nimmo and Pappalardo
(2004) derived an elastic lithospheric thickness of 0.18 km associated with a very high heat
flux of 154 mW m−2 (corresponding to 33 K/km at Ts = 120 K). Somewhat lower heat fluxes
of 60 mW m−2 (Te = 0.9 km) were obtained for an elevated bright terrain flank by Nimmo
et al. (2002). The brittle-ductile transition depth in both of these cases is 2–3 km consistent
with the results from grooved terrain formation above.
2.4.2 Europa
Europa’s surface relief is limited to ∼ 1 km (Prockter et al. 2010, this issue). This suggests
that, compared with Ganymede, its lithosphere has been thinner in most places during its
evolution. Lithospheric thickness estimates for Europa mainly come from flexural studies,
notably of double ridges. Double ridges are ubiquitous on Europa and thus can provide important clues to the global lithospheric structure. However, these studies have to be assessed
with caution because there is no consensus about how double ridges formed. While Head
et al. (1999) relate the formation of double ridges to up-warping of the surface (bottomloading model), Greenberg et al. (1998) consider double ridges as piles of debris squeezed
to the surface by tidal pumping (top-loading model). Conclusive evidence of which model
actually applies is lacking as yet. Hurford et al. (2005) identified depressions and forebulges
in photoclinometry-derived profiles across double ridges and bands in support of the top
loading model. Measuring the distance between the load and the forebulge (7), they obtained an average elastic thickness of the lithosphere of ∼ 200 m. Billings and Kattenhorn
(2005) measured the distance between the load and the location of maximum stress in the
lithosphere (8). They obtained elastic lithospheric thicknesses of ∼ 200–1000 m at one site,
and ∼ 500–2000 m at two other sites, which is significantly larger than found by Hurford
et al. (2005). Lithospheric thicknesses of > 1 km are also suggested by stereo-derived topography of a rather big (350 m elevation) double ridge (Prockter et al. 2010, this issue, Fig. 8).
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As there are no features indicative of flexure this observation can be used to place a lower
bound on the lithospheric thickness. If the individual ridges are (top) loads on it, the simple line load model (6) yields thicknesses in excess of ∼ 1 km (at E = 1 GPa) in order to
withstand (deflection amplitudes < 50 m) these loads.
A thin lithosphere was inferred from a ∼ 100 m high dome-like feature (Williams and
Greeley 1998). The dome has flexed the lithosphere downwards from which the authors
derived elastic lithospheric thicknesses of 0.1–0.5 km. Rather thick lithospheres have been
inferred form top-loading induced flexure related to a plateau-like feature located near Europa’s crater Cilix (Prockter et al. 2010, this issue, Fig. 8) (Nimmo et al. 2003) and to the
emplacement of subsurface material onto Europa’s plains (Figueredo et al. 2002). The de+2
rived elastic thicknesses are 6+5
−2 km and 4−2 km, respectively.
Folds on Europa (Prockter and Pappalardo 2000) provide another means to constrain its
elastic thickness. The folds may have formed by buckling of the lithosphere under horizontal stress (Sect. 2.2.2). Using (3), (4) and a wavelength of ∼ 25 km (Prockter and Pappalardo 2000) the elastic thickness is ∼ 1.5 km. This result is consistent with the elastic
thickness estimate of ≥ 1 km obtained for the big double ridge. Rather than assuming an
elastic lithosphere, Dombard and McKinnon (2006) considered the lithosphere to be pervasively fractured showing plastic behaviour. Applying the relationship between wavelength
and brittle layer thickness at unstable compression of the lithosphere (Sect. 2.2.1) they obtained brittle layer thicknesses in the range of ∼ 2.5–2.8 km. Although the assumptions
applied to the mechanical state of the lithosphere are different in these two approaches,
the results are consistent in that the depths to the ductile ice layer are similar. The instability analysis of Dombard and McKinnon (2006) further indicated high heat fluxes near
100 mW m−2 at the time of fold formation.
2.4.3 Enceladus
Global and local topographic data of Enceladus (mean radius Rm = 252 km) (Thomas et al.
2007; Giese et al. 2008a) show a surface with relief limited to ∼ 2 km. This is much less
than observed on Tethys and Iapetus (see below), and much more than observed on Europa (Rm = 1562 km) and Ganymede (Rm = 2632 km) if divided by the bodies’ mean
radii. Different from Europa and Ganymede, Enceladus exhibits large-scale (comparable
to Rm ) depressions that are likely to be supported isostatically (Schenk and McKinnon
2009). Elastically-supported topography has been identified at a rift zone showing an elevated flanking ridge (Fig. 2a). From this observation Giese et al. (2008a) derived an elastic
lithospheric thickness of 300 m for an elastic modulus of 1 GPa and assuming the material to be clean water ice. The brittle-ductile transition depth was found at ∼ 2 km, and
associated heat fluxes range from 200 to 270 mW m−2 . Near surface porosity however, can
reduce these values to ∼ 50 mW m−2 . An independent and consistent estimate of the heat
fluxes in that area was obtained by Bland et al. (2007). These authors found evidence for an
extensional necking instability (Sect. 2.2.1) and derived heat fluxes of 110–220 mW m−2 .
Further information on the thickness of the lithosphere comes from a feature with simple
graben morphology west of the rift zone (Giese et al. 2008a). This suggests a brittle-ductile
transition depth of 2–3 km, consistent with the above results.
2.4.4 Tethys
Tethys (Rm = 531 km) shows relief of up to 8 km (Giese et al. 2007), which is substantially more than observed on Enceladus. Although larger in size, its density is close to that
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Fig. 2 a Cassini frame N1516171253 (930 m/pxl) showing a rift zone on Enceladus with flank-uplift of
∼ 1 km (profile) above the local surroundings. The dotted line in the upper profile is obtained from fitting the
elevation data to the model of a flexed elastic plate (6). The lower profile shows a similar half graben structure
on Ganymede, for comparison. Profiles are taken from Giese et al. (2008a). The white arrow points to a 20 km
central peak crater (22°S, 182°E) with relief of about 1.5 km. b Cassini frame N1507664141 (7.6 km/pxl)
showing Tethys’ ∼ 100 km wide rift zone Ithaca Chasma and its topography. Depths reach 2–3 km, and the
flanks of the rift are upraised by up to 6 km above the surroundings (Giese et al. 2007)

of pure water ice (984 kg m−3 , Thomas et al. 2007), which implies no internal radiogenic
heating. The absence of radiogenic heating may have prevented viscous relaxation of topography during most of Tethys’ history and might explain the observed large relief. Tethys
exhibits a prominent rift zone first seen by Voyager and later, at substantially higher resolution, by Cassini (Fig. 2b). The rift shows elevated flexed flanks from which an elastic
lithospheric thickness of 5–7 km, a brittle-ductile transition depth of ∼ 12 km, and heat
fluxes of 18–30 mW m−2 were derived (Giese et al. 2007). The time of formation of Ithaca
Chasma was determined to be 4 Gyr before present (BP). Tethys’ 400 km impact crater
Odysseus is ∼ 100 Ma younger and shows as much relief as does Ithaca Chasma (Moore
et al. 2004).
2.4.5 Iapetus
Among the icy satellites studied so far, Iapetus (Rm = 735 km) has the largest relief of more
than 20 km (Porco et al. 2005a; Giese et al. 2008b). Its density is close to that of pure water
ice (1083 kg m−3 , Thomas et al. 2007) and the related lack of radiogenic heating has largely
prevented relaxation of topography as suggested above for Tethys. In order to obtain a bound
on the thickness of Iapetus’ lithosphere the disc-shaped load model (Sect. 2.2.2) has been
applied to the rim load associated with an 800 km impact basin (Giese et al. 2008b). This
yielded a lower bound on the elastic thickness in the range of 50–100 km at an early stage
(4.4–4.5 Gyr BP) in Iapetus’ history.
2.5 Lithospheric Structure, Stress and Faulting
The occurrence of faulting and deformation on an icy moon depends on the thermomechanical structure of its lithosphere and on the source of stresses, which both vary during
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satellite evolution. Accumulation of stress in the satellite lithosphere can result from (in order of decreasing magnitude): internal differentiation; ocean crystallization; thermal expansion/contraction; change of rotation state (despinning, reorientation and non-synchronous
rotation); tides and libration; and convection.
Stresses due to internal differentiation and despinning are dominant only during the early
stage of the evolution. Only the most primitive bodies have retained some record of this
period on their surface. It is likely for instance that the formation of the equatorial ridge on
Iapetus is related to its despinning, though the exact mechanism is still not understood (e.g.
Castillo-Rogez et al. 2007).
Change of volume due to thermal expansion/contraction or melting/crystallization of
an internal ocean is likely to occur on many satellites, but at different periods of their
evolution. On the smallest satellites (except Enceladus), thermal stresses due to rapid
change of the thermal profile are dominant during the very early stage of the evolution, but become negligible after a few hundred million years (e.g. Hillier and Squyres
1991). For the largest satellites, like Titan and Ganymede, the crystallization of their internal ocean occurs during the major part of their evolution, and accelerates when convection is initiated in the outer ice layer (e.g. Tobie et al. 2006; Mitri and Showman 2008;
Bland et al. 2009). This results in a progressive contraction of their interior owing to the
formation of a high-pressure ice layer at the base of the ocean. Global expansion due to
melting of the high-pressure ice shells can also occur during brief periods of time during the differentiation or at the onset of convection within the silicate core (e.g. Tobie
et al. 2006). By contrast, on smaller satellites, the crystallization of the internal ocean
results in a global expansion as no high-pressure ice layer forms (e.g. Nimmo 2004;
Manga and Wang 2007). On Europa, for instance, periodic change in the ice shell thickness as a function of the orbital evolution is likely to produce alternate global compressive
and tensive stresses (Hussmann and Spohn 2004; Mitri and Showman 2005).
During an expansion episode, the stress can exceed several tens of MPa and in this
condition a crack can propagate down to several kilometers depth, and reach the base of
the lithosphere for a satellite having a thin lithosphere (e.g. Mitri and Showman 2005;
Manga and Wang 2007) (e.g. Europa, Enceladus, and many satellites during their early
stage). The propagation of tensile cracks through the entire lithosphere may then enable
some exchange between the warmer part below the lithosphere and the surface by promoting ice diapirism, intrusion of melt, or volcanism.
Changes in the solid surface position with respect to the tidal bulge can also result in
stresses. Non-synchronous rotation (NSR) involves longitudinal shifts in position, while
reorientation of the rotational axis, called “true polar wander”, also includes latitudinal
shifts. Both mechanisms result in predictable global stress patterns (e.g. Melosh 1980;
Leith and McKinnon 1996). Non-synchronous rotation is likely in satellites with eccentric
orbits (Greenberg and Weidenschilling 1984), while true polar wander can arise if lateral
shell thickness variations (Ojakangas and Stevenson 1989) or convective mass anomalies
(Nimmo and Pappalardo 2006) occur. Detecting NSR at Europa by analysis of fracture orientations has proven difficult (e.g. Geissler et al. 1998), though crater distributions suggest it
has happened elsewhere (Zahnle et al. 2001). Fracture patterns have also been used to argue
for true polar wander at Europa (Schenk et al. 2008). Such a reorientation of the rotational
axis results from perturbation of the moment of inertia of the body owing to large-scale internal or surface loads, and it is also thought to have a play role in the evolution of Enceladus
(Nimmo and Pappalardo 2006).
Icy moons possessing a subsurface ocean are also subjected to significant diurnal tidal
stresses. In the absence of an internal ocean, the tidal deformation of the ice shell remains
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very small as it is coupled to the rocky core and the resulting stress is negligible (Moore
and Schubert 2000; Tobie et al. 2005). Tidal stresses are expected to play a significant role
on Europa and Enceladus at present time, and also on Triton and Titan in the past, when
their eccentricity was potentially higher. As they orbit their giant planet, the moons are
constantly being reshaped as the size and location of the tidal bulge changes because of
their orbital eccentricity, producing a time dependent diurnal tidal stress field. At any one
location on the surface the orientation of the principal stress rotates as the magnitudes of the
stresses oscillate daily. On Europa, Hoppa et al. (1999) proposed that cycloidal cracks form
as a result of tensile failure in response to this diurnally varying tidal stress field. Cycloid
segments initiate as tension fractures and grow perpendicular to the rotating direction of
maximum tensile stress, resulting in curved segments. Cracking begins when the tensile
strength of Europan ice is overcome and ceases when the tensile stress drops below the crack
propagation strength, which is less than the tensile strength. After cessation of growth of one
cycloid arc, the next arc starts growing when the tensile strength of the ice is again exceeded,
but since the stresses rotate during the period of no crack growth, the crack propagates at
an angle to the previous segment, forming a sharp cusp. Once a cycloidal crack has formed,
subsequent ridge building occurs, forming the cycloidal ridges observed on Europa.
One prominent rift on Enceladus’ south pole consists of arcuate segments, resembling
the shape of cycloidal cracks on Europa, which suggests that a similar mechanism may have
caused the cracking on Enceladus as on Europa. The cycloidal shape of this tiger stripe rift
suggests that its formation may have been similarly controlled by diurnal tidal stresses (Hurford et al. 2007). However, the similarity between tiger stripes and Europan cycloidal ridges
is in planform only; otherwise they are quite distinct from one another morphologically.
While the initial cracking may have been controlled by similar tidal stresses, subsequent
modification of the surface at the tiger stripes on Enceladus may have differed from the
ridge-forming processes on Europa.
Even though tidal stresses play a key role in the faulting dynamics on Europa and Enceladus, the amplitudes of the associated stresses are small (e.g. Harada and Kurita 2006).
Other source of stresses, such those mentioned above, must be taken into account in order
to explain the fracturing of the lithosphere. Once pre-fractured, tidal stress is likely to be the
main driver of the propagation and persistence of cracks in the lithosphere, by periodically
reactivating them. Although the amplitude of stress is relatively small, the energy associated with tidal motions is quite large and contributes significantly to the dynamics of the
lithosphere.
Thermal convection also affects the dynamics of the lithosphere, not directly through
fracturing (as the associated stress remains relatively small; Tobie et al. 2003), but mainly by
locally modifying the thermal structure of the lithosphere. Thermal plumes lead to thermal
erosion of the overlying lithosphere. Tidal dissipation within hot plumes can also promote
internal melting (Sotin et al. 2002), thus leading to local volume changes and accumulation
of stress in the lithosphere above. In order to understand brittle deformation mechanisms
in the lithosphere, all these different sources of stress must be taken into account simultaneously, which requires development of powerful numerical tools, including a viscoplastic
description of the lithosphere.
2.6 Diurnal Tidal Stress and Exchange Processes Associated with Faulting
As mentioned above, the diurnal fluctuations of tidal stress can maintain tectonic activity of
the icy lithosphere and in some circumstances can trigger eruptive processes. This effect is
particularly spectacular on Enceladus, as evidenced by active plumes, and is likely to have
occurred on Europa and Triton, though not yet observed.
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2.6.1 Enceladus
The state of stress at each point on the surface of Enceladus cyclically changes as its tidal
shape changes throughout the orbit. In one model, over Enceladus’ orbital period, stresses
resolved across the tiger stripes alternate from compressive to tensile, perhaps allowing the
faults to open at some point in the orbit, and expose a subsurface volatile reservoir, creating
an eruption (Hurford et al. 2007). Then, within a few hours, the stress becomes compressive, forcing cracks to close, ending any possibility of an eruption until the next cycle. To
test the hypothesis that observed eruption plumes come from these cracks, Hurford et al.
(2007) analyzed the stresses along each tiger stripe rift to check whether any of the features
were under tension during three Cassini observations in 2005 (Porco et al. 2006). Hurford
et al. (2007) found a correlation between tension along tiger strip rifts and plume activity,
especially during the November 2005 observations in which individual jets can be seen.
However, as further discussed in Sect. 4.2.2, this model fails to explain the observations
obtained during following flybys.
2.6.2 Europa and Triton
It was hypothesized that similar venting might be observed on Europa and the Galileo spacecraft imaging team included a sequence of high phase observations, specifically designed to
search for plumes. However, at the time and place of those observations, the area imaged
was under tidal compression, the least likely condition for venting, and no plumes were detected (Hoppa et al. 1999). Given the experience with Enceladus, future missions to Europa
can address whether cracks on Europa are conducive to venting by predicting when young
cracks are likely to be in tension and planning observations accordingly.
Triton, the largest moon of Neptune, was the first currently active icy satellite discovered in the Solar System, when Voyager 2 imaged eruptions from its surface in 1989. This
strange moon of Neptune is believed to be a captured satellite based on its retrograde orbit,
which slowly spirals in towards Neptune. Following its capture, tidal dissipation worked
to circularize its orbit, depositing large amounts of heat inside Triton (e.g. Goldreich et al.
1989). This heat melted Triton’s interior, enhanced tidal stress on its surface, and thereby
permitted the formation of cracks and ridges, which resemble the ones imaged on Europa by
Galileo (Prockter et al. 2005). While the current wisdom holds that Triton’s plumes result
from seasonal solar heating of frozen nitrogen on its surface (Moore and Spencer 1990), it
may be that internal heat can melt nitrogen under the icy crust and allow this warm liquid to
erupt through fissures onto Triton’s surface (Brown and Kirk 1994).

3 Interior-Surface Coupling: Cryomagmatism and Excavation Processes
3.1 Cryomagmatic Processes on Icy Moons
Evidence of past and recent cryovolcanic activity is widespread and extremely varied on
the icy moons (see Prockter et al. 2010, this issue). By analogy with silicate volcanism on
terrestrial planets, cryovolcanism on icy moons results from the melting of icy materials,
primarily water ice which is the main icy component on these bodies. However, in contrast
to volcanism on rocky planets, cryovolcanism is subject to two major complications: (i) the
melting point of water ice increases with decreasing pressure, so that decompression melting, which is a key process in silicate volcanism, cannot occur; (ii) even more problematic,
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Fig. 3 Synthesis of different mechanisms proposed for delivering fluid to Europa’s surface: a exsolution of
volatiles and explosive venting; b pressurization of fluid reservoir in ice lithosphere by lithospheric stresses;
c pressurization by partial freezing of liquid reservoir; d tidal pumping of slush mixtures, and e ascent of
warm ice diapirs leading to melting and release of near-surface brines (from Fagents 2003)

the liquid water produced upon melting of ice is denser than the solid phase. Therefore, in
the pure H2 O system, it is very difficult, if not impossible, to achieve extrusion of a liquid
onto the surface of an icy shell.
As decompression melting cannot occur, melting must result from a local increase of
temperature, which requires a localized source of heat. Tidal heating concentrated in hot
upwelling plumes (Sotin et al. 2002; Tobie et al. 2008) or along faults (Nimmo and Gaidos
2002; Nimmo et al. 2007) has been proposed as a mechanism to concentrate heat production
and hence increase the temperature locally. In this situation, the production of a localized
water reservoir at shallow depth can be envisaged, in particular on Europa and Enceladus,
as well as on Ganymede (Showman et al. 2004), where higher tidal dissipation is hypothesized to have occurred in the past. Liquid cryolavas may also directly originate from a
long-lived extensive liquid water layer a few kilometers beneath the surface, as has been
proposed for Europa (e.g. Fagents 2003). In this situation, internal melting of the ice shell
is not required. However, whatever the nature of the liquid reservoirs, the ascent mechanism
remains problematic; for pure water cryolavas, ascent can occur only by means of pressurization of the reservoirs. Such overpressurization of reservoirs may result from crustal
stresses related to tidal fluctuations (e.g. Greenberg et al. 1998), topographic variations (e.g.
Showman et al. 2004) or global crystallization of the ocean (e.g. Mitri and Showman 2008;
Manga and Wang 2007) or from reservoir refreezing (e.g. Fagents 2003) (Fig. 3).
Another solution is to consider the presence of additional components that favor melting
and eruption of the resulting liquid. Owing to its very strong anti-freezing effect, ammonia
has long been proposed as an additional compound (Lewis 1971; Kargel 1991). Indeed, the
presence of a few percent ammonia strongly decreases the melting point, by up to ∼ 100 K
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(e.g. Grasset and Pargamin 2005), and hence favors the production of melt even in the very
low temperature conditions of an icy crust. Moreover, the density of highly concentrated
ammonia-water mixtures is actually lower than that of water ice; for example, a 30 wt%
NH3 mixture has a density less than 920 kg m−3 at temperatures higher than 210 K (Croft
et al. 1988). Ascent of ammonia-rich cryomagma directly from a subsurface ocean is very
unlikely as it would require a very high concentration of NH3 in the entire ocean. Based
on cosmochemical constraints (e.g. Hersant et al. 2008), the fraction of ammonia potentially incorporated into the icy moons is unlikely to exceed a few percent. The formation
of ammonia-water pockets at the ice/ocean interface and their advection toward the surface
is more likely to occur (Mitri et al. 2008). However, even under these conditions, the concentration of ammonia in the liquid pockets is too low to produce a sufficiently low density
and additional driving forces related to large-scale tectonic stresses are required to erupt the
liquid to the surface (Mitri et al. 2008). The only way to generate very low-density ammoniarich melts is to destabilize ammonia hydrate. Such ammonia hydrates may be incorporated
into the primitive crust just after satellite formation and could be destabilized by a local
increase of internal heat flow (Choukroun et al. 2010). On Titan, for instance, such cryovolcanic events could be related to thermal upwelling plumes, which locally melt ammonia
hydrate in the crust, thus generating a very concentrated ammonia-water mixture.
The presence of gas clathrates is also expected to favor the generation and eruption of
cryomagma (e.g. Tobie et al. 2006). Their low thermal conductivity causes a significant
increase of temperature at shallow depths, thus helping their dissociation. Clathrate dissociation in the icy crust produces a large quantity of gas within the cryogenic liquids which
can favor the rise of liquids when gas exsolution occurs (Crawford and Stevenson 1988;
Fortes et al. 2007; Choukroun et al. 2010). For instance, at depths of 2 to 3 km, the solubility law at a temperature of 250 K suggests that an aqueous solution in equilibrium with
methane clathrate can contain 0.25 to 0.4% of dissolved methane. During the ascent of this
solution a significant part of the dissolved gas initially in equilibrium with the cryomagma
source would be released. Thus, for material with an initial source depth of 2 to 3 km raised
to a depth of 1 km, 45% to 60% of the initially dissolved gas is exsolved. This corresponds
to a gas volume fraction of about 10 to 20%, which is expected to have a major effect on the
buoyancy of the cryomagmas.
Another possibility is that the icy crust is significantly denser than water ice due to the
presence of other heavy components, such as silicate particles, salts (e.g. Pappalardo and
Barr 2004), clathrates of CO2 or SO2 (e.g. Prieto-Ballesteros et al. 2005), ammonium sulfate
(Fortes et al. 2007) etc. In this case, the rise of water-rich cryomagma would be promoted,
but the long-term gravitational stability of such an icy crust would then be problematic.
Io is very different in terms of cryovolcanic processes. Volcanism on Io is predominately silicate. However, the possible presence of SO2 in Io’s crust in the form of subterranean “aquifers” or reservoirs, as discussed by McCauley et al. (1979) and Kieffer et al.
(2000), may lead to the generation of SO2 magma. Although temperature measurements
from Galileo clearly showed that many hot spots have temperatures far too high for sulfur,
the possibility that some sulfur flows occur on the surface remains open (see Prockter et al.
2010, this issue). Furthermore, such flows are likely to be a form of secondary rather than
primary volcanism (e.g. Greeley et al. 1984): as silicate magma (primary) nears the surface,
it would provide enough heat to melt sulfur-rich country rock, producing “secondary” sulfur
flows (as opposed to “primary” flows that originate from molten magmas at depth).
The best candidate regions for SO2 volcanism are Balder patera and Tohil patera.
A nearly pure SO2 region topographically confined within Balder patera (see Fig. 2 in
Prockter et al. 2010, this issue) may have been emplaced by liquid flow of SO2 rising from
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the subsurface (Lopes et al. 2001). Tohil patera shows a region of enhanced SO2 signature and flow-like margins and has also been interpreted as a candidate site for SO2 cryovolcanism (Williams et al. 2004). SO2 volcanism on Io, like sulfur volcanism, can also
be considered secondary, as the primary magma in Io’s interior is silicate. It is also likely
rare, as only a few candidate regions have been identified. Most surface changes that show
variations in SO2 are likely to be due to redistribution and/or recrystallization of explosively emplaced SO2 snow produced by freezing of volcanic gases (Carlson et al. 1997;
Douté et al. 2004)
3.2 Thermal Emission, Heat Flow, and Cryovolcanic Transport
Extraction of cryomagma and vapour provide an effective way to transport energy from
shallow levels to the surface. Flow and cooling of erupted cryomagma on the surface result in intense thermal emission. In the outer solar system, Io and Enceladus are the only
two satellites with detectable thermal emission, as they are radiating measurable power in
excess of that provided by the Sun. In both cases the ultimate heat source is presumed to
be mainly tidal dissipation. A direct constraint on internal heating is important for several
reasons: it provides constraints on the interior structure and rheology; it constrains the orbital and thermal history of the body (e.g. is the eccentricity in equilibrium?); and it can be
used to investigate the mass flux from the interior to the surface. From the point of view of
subsurface-surface-atmosphere exchanges, it is this last characteristic that is most important.
The rest of this section is devoted to investigating how surface thermal emission can be used
to measure these exchanges by using the example of Enceladus.
As presented in Prockter et al. (2010, this issue) and Coustenis et al. (2010, this issue),
the CIRS instrument on Cassini has observed thermal emission from a series of sub-parallel
fractures (dubbed “tiger stripes”) at Enceladus’ south pole, which are associated with jets
of vapour and ice particles (Spencer et al. 2006; Porco et al. 2006). A variety of models have been proposed to explain this activity. While most of the proposed models try to
explain the vapour and ice crystals emanating from the tiger stripes, only few of them address the magnitude and pattern of thermal anomalies observed by Cassini. The first class
of models investigates whether the eruption implies boiling of liquid water, i.e. a source
temperature of ∼ 273 K (e.g. Porco et al. 2006) or only sublimation of water ice and dissociation of clathrate, i.e. a source temperature of less than 200 K (e.g. Kieffer et al. 2006).
These models are further discussed in Sect. 4.2.2. The second class of models tries to address what heat sources, internal temperatures and heat transport mechanisms are consistent with the observed thermal anomaly (Nimmo et al. 2007; Barr 2008; Tobie et al. 2008;
Abramov and Spencer 2009). The shear heating model of Nimmo et al. (2007) proposes that
tidally driven fault motion causes local heating and sublimation of solid ice. This steadystate model can reproduce the observed vapour fluxes and velocities, but makes no prediction
about vapour composition or ice grain behaviour. The other models focus on the anomalous
thermal signature of Enceladus’s south polar terrains, rather than the venting. Abramov and
Spencer (2009) investigated the thermal implications of a conductive shell with a warm embedded crack (such as an intrusion or vertical water lens). Tobie et al. (2008) investigated the
conditions under which tidal dissipation could be increased at the south pole and proposed
a mechanism to concentrate energy and melting near the south pole. Barr (2008) and Barr
and McKinnon (2007) suggested that the south polar heat flux might be due to upwelling
and lateral transport of warm ice, similar to mid-ocean ridge spreading on Earth.
In some models the observed surface heat flow is being conducted from relatively shallow, warm material while in others it is being advected to the near-surface by vapour transport. In the latter case, the heat transported beyond the surface by advection (latent heat of
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vapour in the plumes) is about an order of magnitude smaller than the heat being radiated
from the surface (∼ 0.4 GW vs. 5.8 ± 1.9 GW). This in turn implies that exchange between
the near-surface and interior is much more rapid than exchange between the interior and the
atmosphere.
Most of the models proposed for eruption assume, either implicitly or explicitly, that release of material is triggered by the opening of fractures by extensional tidal stresses (Hurford et al. 2007; Halevy and Stewart 2008). The mass flux should thus be time-dependent,
since the stresses depend on the position of Enceladus relative to Saturn at the time of interest. Cassini magnetometer data have been interpreted as evidence for strongly time-variable
jet activity (Saur et al. 2008). A comparison of the occultation-derived column densities in
2005 and 2007 revealed higher densities at the latter time (Hansen et al. 2008). The tiger
stripes, however, were predicted to be under tension during the 2005 observations (open
fractures) and under compression in 2007 (closed fractures). This mismatch between observations and predictions may be alleviated by consideration of potential latitudinal librations
of Enceladus (Hurford et al. 2009).
Despite the strong variability of the plume mass flux, the plume heat output and spatial
variability do not appear to have varied over an 18 month period (Abramov and Spencer
2009). This lack of variability is in agreement with the shear heating model (Nimmo et al.
2007) which explicitly assumed a steady-state situation.
The tidal dissipation model proposed by Tobie et al. (2008) can match the total power
emitted in the south polar region but cannot explain the very high heat flow observed at the
tiger stripes. In contrast, the mobile lid model of Barr (2008) can match the regional heat
flux at the south pole, but does not provide any explanation for the heat source. In addition,
Abramov and Spencer (2009) argue that the temperature distribution derived by Barr (2008)
results in a spectrum that does not fit that observed by CIRS. Conversely, a simple conductive
model of a vertical fracture with a constant temperature in the range 130–220 K and narrow (< 200 m) width produces spectral energy distributions that closely resemble the CIRS
spectra (Abramov and Spencer 2009). These temperatures are consistent with the sublimation and shear heating models. Fractures with temperatures of 273 K do not fit the observed
radiance, suggesting that liquid water is not present in the near-subsurface ( 1 km). The requirement for narrow, relatively warm regions implies that advection of heat along fractures,
rather than distributed heat transport from depth by conduction, is the dominant mechanism.
Similar conclusions have been reached in a theoretical study of heat and vapour transport
by Ingersoll and Pankine (2010). These authors also consider that multiple parallel fractures
are probably required to explain the tiger stripe venting behaviour; the effect of multiple
fractures has not yet been considered in thermal analyses.
Although the shear heating model did not make predictions of the resulting spectral energy distribution, it did predict the spatial variation in heating along the individual tiger
stripes (Nimmo et al. 2007). Taking the time-averaged tidal shear stress as a proxy for
heating rate, Fig. 4 compares the predicted heat flow distribution along the Damascus tiger
stripe with that observed. Two predictions are shown: the first uses the stresses calculated in
Nimmo et al. (2007), while the second makes an additional correction for the fact that shear
stresses (and velocities) will be larger where the tiger stripes are more widely separated. In
general the match between the observations and the predictions is quite good.
There is currently not a satisfactory model that explains both the venting and thermal
characteristics of the tiger stripes. Tiger-stripe thermal emission appears constant (over the
timescale of the Cassini observations), and the mass flux variability does not agree with
predictions based on tidal stresses (Hurford et al. 2007; Halevy and Stewart 2008). The
spectral energy distribution of individual tiger stripes matches that generated by a warm
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Fig. 4 Dots are observed power in 9.1–16.7 µm waveband by Cassini CIRS as a function of distance along
Damascus tiger stripe, measured during March 2008 Cassini flyby (Spencer et al. 2008). Thick lines are
models where power is based on time-averaged shear stress calculated by the shear heating model of Nimmo
et al. (2007). The total power over the entire imaged domain is constrained to be equal to the measured power
(2.3 GW). Model 1 is the original shear heating model assuming a constant brightness temperature; Model 2
corrects for the varying separation between tiger stripes, and the resulting variation in brightness temperature.
The inset shows the area imaged by CIRS, where the yellow boxes denote individual power measurements
and the colours denote relative brightness temperatures (Nimmo and Spencer 2008)

vertical fracture (temperature 130–220 K) in a conductive medium (Abramov and Spencer
2009), but does not match predictions based on a simple mobile lid model (Barr 2008).
The energy distribution cannot be reproduced when higher wall temperature are considered,
suggesting that either near-surface liquid water is not present or the energy distribution does
not result from conductive heating of the surface by warm subsurface fractures. Further
modeling efforts are required to reconcile the models for eruptive processes, heat transfer
and thermal emission.
3.3 Exchange Processes due to Impact and Excavation
Over the age of the Solar System, impact cratering contributes significantly to exchange
processes on the satellites by excavating fresh underground material to the surface, redistributing material globally, and, in extreme cases, by penetrating into their interiors.
Upon impact, a shock wave is generated in the target (as well as the projectile), in the
wake of which substantial amounts of target material and the majority of the projectile are
vaporized and melted (e.g. Roddy et al. 1977; Melosh 1989, and references therein; Pierazzo
et al. 1997; Turtle and Pierazzo 2001). As it expands outward through the target, the shock
wave also imparts velocity to the target material (e.g. Maxwell and Seifert 1975; Maxwell
1977). Initially this velocity is radial, compressing material outward and downward into the
surrounding target. Interaction with the free surface results in a rarefaction wave, which adds
an upward component to the velocity thereby ejecting some material on ballistic trajectories
out of the crater. The combination of these motions opens up a transient crater.
The final morphology of impact craters depends on several factors, including the energy
of the impact and the size (i.e., the surface gravity), rheology, and near-surface structure
(primarily that of the lithosphere) of the target (e.g., Melosh 1989; and for icy satellites in
particular: Schenk 1989, 1991, 2002). For smaller impacts, the final simple crater is only
somewhat modified from the transient cavity: melt and breccia that are spread along the
interior of the transient crater cavity during excavation subsequently slide back down the
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crater walls, overriding any impact melt to accumulate in the bottom of the crater. For larger
craters (the transition diameter for any given target depends on the factors listed above), the
post-shock strength of the target material is insufficient to prevent collapse under gravity,
resulting in a complex crater with a flat floor, a central peak or peak ring, and a terraced rim.
To allow such collapse the surrounding material must be disrupted to the point that it behaves
as a fluid on the timescale of cratering, although the mechanism by which this weakening
occurs has been the subject of much debate (e.g. Melosh 1982; Melosh and McKinnon 1978;
Melosh and Gaffney 1983; O’Keefe and Ahrens 1993, 1999; Melosh and Ivanov 1999).
Some of the largest impact structures are surrounded by one or more external concentric scarps or fractures, e.g. Chicxulub on the Earth (Morgan et al. 1997), Orientale
on the Moon (Hartmann and Kuiper 1962), Callanish on Europa (Moore et al. 2001),
Gilgamesh on Ganymede and Valhalla on Callisto (Passey and Shoemaker 1982). There
are two different classes of such multi-ring structures, and, as is the case for other aspects of impact craters, their morphologies reflect target properties. Melosh and McKinnon (1978) (also McKinnon and Melosh 1980) demonstrated the formation of external rings as a result of cratering into a rigid layer overlying a more fluid layer, which
moves inward during crater collapse inducing radial extensional stresses in the upper layer.
Numerical simulations suggest that Europa’s ringed impact structures Tyre and Callanish may be examples of impacts into an ice layer overlying liquid water (Turtle 1998;
Moore et al. 1998).
One mechanism by which impact cratering exchanges material is the excavation flow.
However, the original depth of material that is ejected by the cratering process are actually
less than 30% of the depth of the transient crater or roughly 10% of the final diameter for
simple craters and 5% for complex craters (e.g. Melosh 1989; Maxwell and Seifert 1975).
So, for all but the largest impact craters, the material exchanged in this way is limited to
the relatively near sub-surface (i.e. a few to at most several kilometers), although ejected
material can be distributed globally. For example, for Europa, which many lines of evidence
suggest has a relatively shallow ocean, the largest impact structure, Tyre, is estimated to
have a transient crater diameter of 22–30 km (Moore et al. 2001). So the deepest material
excavated by Tyre would come from less than 3 km depth, far shallower than the base of
the ice, which is constrained by impact crater morphologies to be at least a few tens of
kilometers (Turtle and Pierazzo 2001; Turtle and Ivanov 2002; Schenk 2002).
Material is also exchanged locally within and beneath impact craters. As mentioned
above, there is substantial disruption of the surrounding material, especially for complex
craters which undergo extensive collapse. For icy satellites where impact melt is composed
of water and is therefore likely to be denser than the ice bedrock, extensive fracturing in the
target may allow the melt to drain deeper into the crust.
Central peaks consist of deeper target bedrock that has been fractured and uplifted stratigraphically (Grieve et al. 1981; Pieters 1982). The largest impact craters have the most
uplift and thus the highest potential for surface-subsurface exchange of material, which,
again, is especially intriguing in the cases of satellites that have relatively shallow internal
oceans. Modeling impact cratering in an ice shell over liquid water, Turtle and Ivanov (2002)
showed that, even in cases where the initial stages of the cratering process do not penetrate
the ice shell, liquid water from a relatively shallow ocean (depth comparable to the diameter of the transient crater diameter) can reach the surface as a result of central uplift during
the later modification stage (Fig. 5). In such cases exchange would be possible between an
interior ocean and the surface; however, even for Europa’s relatively thin ice shell, impacts
large enough to allow water to reach the surface are rare. Oceans within other icy satellites
are thought to be significantly deeper, with the possible exception of Enceladus; however,
earlier in their histories their icy crusts, too, might have been breached.
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Fig. 5 Cross-sections of the final stages of crater collapse from numerical simulations of impacts into ice
overlying water (after Turtle and Ivanov 2002). A through F illustrate ice (grey) layers 5, 6, 7, 8, 9, and
11 km thick, respectively, and demonstrate penetration of water (white) to the surface during crater collapse
in ice ≤ 7 km thick. (Black points on the right side of each figure are the locations of tracer particles in the
simulations)

4 Atmosphere-Surface Coupling
4.1 Processes Relevant for Titan
4.1.1 Angular Momentum Exchanges Between the Atmosphere and Surface and Its
Influence on the Rotation Rate
One obvious way of atmosphere-surface coupling is the surface exchange of angular momentum between the atmosphere and solid Titan by surface friction or mountain torque.
Since the total angular momentum in the solid body-atmosphere system is conserved in
the absence of external torques this angular momentum exchange gives rise to a change in
the planetary rotation rate or length-of-day (LOD). The basic pacemaker of the angular momentum exchange on Earth is the seasonal cycle of the atmospheric circulation resulting in a
seasonal LOD variation, which amounts to ∼ 1 millisecond (Munk and MacDonald 1960).
A similar effect can be expected on Titan given the presence of a dense atmosphere and
seasonal cycle (Fig. 6). Tokano and Neubauer (2005) showed by general circulation modelling that the winds near the surface undergo seasonal variation and even complete reversal
as a result of heating of the near-surface air from the surface. A variable surface wind field
causes a temporal variation in the globally integrated surface friction torque, which modifies
the body’s angular momentum. If eastward surface winds prevail globally, Titan’s rotation
accelerates at the expense of the atmospheric rotation, and vice versa. The exchanged atmospheric angular momentum calculated with the global zonal wind field predicted by a
GCM (general circulation model) amounts to 3 × 1025 kg m2 s−1 , which is comparable to
the terrestrial value (Tokano and Neubauer 2005).
The calculation of Titan’s response to this angular momentum exchange requires knowledge of Titan’s interior and, particularly, of its effective moment of inertia. Assuming a
spherical shape and an entirely solid interior, the resulting LOD variation amounts to 30 s
over one Titan season (∼ 7.5 yr). If one instead assumes that a liquid water-ammonia ocean
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Fig. 6 (Top) Titan orbits around Saturn within about 16 terrestrial days, as shown. Titan and the saturnian
system travel around the Sun in about 30 years, and it is the orbit around the Sun that controls the seasonal
cycle on Titan due to the obliquity of the Titan-Saturn system. Lorenz et al. (2008a) suggest that an ocean may
exist below the solid surface of Titan (see cut-open section), but other explanations of the observed results
cannot yet be ruled out. (Bottom) During the nominal Cassini mission, it was winter in Titan’s northern
hemisphere (left). Seasonal variations of wind directions near the surface would explain why the observed
spin rate is apparently nonsynchronous, as proposed by Tokano and Neubauer (2005), whose model predicts
variations in the direction of the winds that affect the spin rate. These predictions may be checked if the
Cassini mission is extended to cover the vernal equinox (middle) and the northern summer (right) (Sotin and
Tobie 2008)

exists underneath the outer icy shell, this would mechanically decouple the outer shell from
the mantle/core and amplify the LOD variation by an order of magnitude because of the
smaller moment of inertia of the shell (Tokano and Neubauer 2005). However, if all solid
layers of Titan have an ellipsoidal shape as a result of Titan’s rotation and the tidal bulge
exerted by Saturn, gravitational coupling arises between the shell and the interior across the
ocean (Karatekin et al. 2008) as well as between the shell and Saturn’s gravitational field
(Van Hoolst et al. 2009), which both drastically reduce the LOD variation.
The Cassini radar imaged selected regions during multiple fly-bys. A systematic eastward
shift of surface landmarks was inferred, which indicates that Titan’s rotation was slightly
faster than synchronous (Lorenz et al. 2008a; Stiles et al. 2008, 2010). Note that the spin
rate initially reported in Stiles et al. (2008) was incorrect owing to a coding error in software
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used to make fits to overlapping radar images. The corrected value still indicates that Titan’s
rotation is not in a perfectly synchronous rotation state, but the deviation from the synchronous rate value is three times smaller than the previously reported value. Assuming that an
angular momentum exchange by variable winds is responsible for the apparent deviation of
the rotation from synchronous rotation and using the theoretical prediction of Tokano and
Neubauer (2005), the erroneous initially reported drift rate of 0.36 deg/year was interpreted
as the result of atmospheric forcing of an ice shell decoupled from the interior by a liquid
internal ocean. The newly reported value of 0.12 deg/year is still compatible with the interpretation by atmospheric forcing and does not rule out the existence of a decoupling layer at
depth. The new value is also more consistent with the theoretical calculations of Karatekin
et al. (2008) and Van Hoolst et al. (2009) which predicted that internal and external gravitational coupling should reduce the atmosphere-induced drift rate of a decoupled ice shell.
Future observations are required to confirm the observed shift and its possible time variation, and further modelling efforts would be required to interpret the observed shift in term
of possible internal structure.
4.1.2 Influence of Winds on Surface Morphology
Wind can also affect the surface landscape by transport of particles on the surface. A wide
portion of Titan’s tropics is covered by ridges with a height of ∼ 150 m, most of which
are aligned parallel to the latitudinal belts (Lorenz et al. 2006). These ridges were interpreted as longitudinal “dunes” with eastward orientation. Besides the availability of suitable
particles on the surface, a restricted range of wind speed and direction is crucial for the
dune formation. The low gravity and dense atmosphere of Titan are generally conducive
to the formation of dunes, as lower surface wind velocities are required to lift particles
from the surface. Longitudinal (linear) dunes are generally thought to require a moderately variable wind field that varies around a mean or alternates between two widely spaced
directions. However, there is no consensus so far as to exactly what type of wind is responsible for the transport that shapes longitudinal dunes on Titan (e.g. Rubin and Hesp
2009). Lorenz et al. (2006) proposed that the wind in the tropics is predominantly eastward,
but the wind direction fluctuates diurnally due to wind induced by Saturn’s tide. Tokano
(2008), on the other hand, showed by general circulation modelling that near the equatorial surface the meridional wind (in north-south direction) is stronger than the zonal wind
(in west-east direction) (see wind roses on Fig. 7), in agreement with the probe tracking of Huygens immediately before landing (Karkoschka et al. 2007). This wind is explained as the surface branch of the cross-equatorial Hadley circulation that reverses after each equinox. Consequently, two wind directions separated from each other by an obtuse angle prevail during a Titan year, and would transport material towards the ridges
from both sides. The eastward orientation of the longitudinal dunes (Lorenz et al. 2006;
Radebaugh et al. 2008) apparently contradicts wind directions predicted by GCMs. As a
matter of fact, not a single GCM predicts eastward winds right at the equatorial surface,
and it is currently unknown what mechanism controls the zonal wind at the surface (Tokano
2009).
4.1.3 Influence of Precipitation (Methane Hydrological Cycle) on Surface Landscape
Among the various possible erosion mechanisms, methane precipitation has attracted the
most attention in the case of Titan. The first suggestion of possible rainfall erosion came
from the speculation that the large bright area, now referred to as Xanadu, seen in Hubble
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Fig. 7 Wind rose at 6 different latitudes on Titan. The diagram shows the probability of the direction the
wind comes from over one Titan year. Longitudinal dunes require the presence of two major wind directions,
which exist only at low latitudes. Adopted from Tokano (2008)

Space Telescope images might represent a large hill whose summit was washed out by
methane rainfall that exposed the bright bedrock (Smith et al. 1996).
The Cassini-Huygens mission showed more convincing geomorphologic features suggestive of rainfall erosion. Fluvial features, although apparently dried out, have been observed at many places on Titan (Jaumann et al. 2008; Lorenz et al. 2008b) including
the Huygens landing site (Tomasko et al. 2005; Soderblom et al. 2007). A broad consensus has since emerged that such dendritic features are most likely generated by surface run-off of liquids. Modelling of hydraulic sediment transport indicates that sediment could be more easily transported by surficial flows of liquid methane on Titan
than by water on Earth (Burr et al. 2006). Precipitation rates required to carve the observed dendritic networks have been estimated as 0.5–60 mm hour−1 (Perron et al. 2006;
Jaumann et al. 2008). Such precipitation rates are predicted by mesoscale convective cloud
models (Hueso and Sánchez-Lavega 2006; Barth and Rafkin 2007). Rapidly evolving clouds
detected by ground-based observations (Griffith et al. 2000; Brown et al. 2002) as well as
by the Cassini camera (Porco et al. 2005b) resemble those simulated by these models and
are thus suggestive of moist convection and occasional, violent precipitation.
Although falling intense precipitation per se has never been directly observed on Titan,
there is some circumstantial evidence for precipitation. The inferred south polar lakes appear
to have darkened after the development of large convective clouds, possibly as a result of
ponding by precipitation (Turtle et al. 2009). Lunine and Atreya (2008) suggested that polar
precipitation may fill the polar lakes/seas, which in turn may evaporate in another season.
Polar clouds downwind of the northern seas (“lake-effect clouds”) have been explained primarily by enhanced heat exchange between the lakes and atmosphere rather than methane
evaporation (Brown et al. 2009).
More critical is the issue of precipitation at low latitudes (including the Huygens site) as
a cause of valley formation. The presence of extended dunes in the equatorial region would

Surface, Subsurface and Atmosphere Exchanges on the Satellites

argue against frequent or strong precipitation (Lorenz et al. 2006). Rain is expected to reach
the surface if the ethane humidity in the troposphere is high enough to keep compositional
equilibrium of the ternary mixture (methane-nitrogen-ethane) between the raindrops and
surrounding air (Graves et al. 2008). However, no convective cloud has ever been reported
in this area. Only stratiform clouds with at most drizzle are reported (Tokano et al. 2006;
Ádámkovics et al. 2007). Such drizzle would be too weak to have an erosive effect.
Global models of Titan’s methane hydrology do not provide a unanimous picture of tropical precipitation. The predictions for the tropics range from perennially large precipitation
(Tokano et al. 2001) via perennially little precipitation (Rannou et al. 2006) to precipitation confined to equinoxes (Mitchell et al. 2006). The humidity and temperature lapse
rate at the Huygens site is not sufficient to trigger moist convection (Tokano et al. 2006;
Hueso and Sánchez-Lavega 2006; Barth and Rafkin 2007). It is doubtful that the humidity
and temperature could appreciably change with season, so the fluvial features near the Huygens site may not result from recent seasonal precipitation, but from precipitation in a wetter
climate in the past or mechanisms not related to precipitation (Griffith et al. 2008).
4.2 Eruption Processes, Plume-Surface Interactions and Deposits
Io, Enceladus and Triton are the only bodies on which eruptions have been observed.
Plumes on Io, Enceladus, and Triton provide insights into their sub-surface volatiles and
processes. These plume activities are responsible for the generation of transient and tenuous
atmospheres around these moons and for deposits that give Io and Triton their distinctive
appearance, and subtly affect features on Enceladus. Europa and Titan are two other moons
on which eruptive processes are likely to have occurred in the very recent past, but direct evidence is still lacking. The presence of methane and argon on Titan suggests that outgassing
and hence eruptions have occurred during much of its history. On Europa, several surface
features suggest that effusive processes have recently occurred.
4.2.1 Io
Ionian volcanism is the ultimate source of its atmosphere and surface frosts. As described
below, the sulfur-rich volcanism on Io, which involves sub-surface reservoir of liquid sulfur as well as surface deposits of solid sulfur, share many characteristics with the waterrich (cryo)volcanism on Enceladus and on other icy moons. Direct production through volcanic plumes is likely the primary source for Io’s nightside atmosphere. Indirect production
through subsequent sublimation of materials deposited around plumes, discussed further
below, is likely the primary source for Io’s dayside atmosphere. Determining the relative
roles of volcanism, sublimation, and sputtering has been the topic of intense research since
Io’s SO2 atmosphere was first detected (Pearl et al. 1979), and many questions still remain
despite several recent advances.
Direct volcanic atmosphere sources on Io include (1) eruption from sub-surface aquifers,
(2) vaporization of surface frosts by traversing lava flows, and (3) surface lava outgassing.
The process of erupting gas and dust through conduits from sub-surface reservoirs, described
by Kieffer (1982), is supersonic, and may erode the surrounding surfaces to form craters,
though imaging of such vents is not yet available. Kieffer et al. (2000) and Milazzo et al.
(2001) describe the Promethean plume, shown to move several tens of kilometers between
Voyager and Galileo imaging, as in large part explained by lava flows traversing SO2 frost
deposits with active venting occurring near the flow front. Outgassing directly from lava
at the surface in lakes and flows (i.e., gases exsolved from silicates) is another source of
plumes such as Tvashtar (Geissler and Goldstein 2007).
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Giant plumes extend a few hundred kilometers above Io’s surface, and dramatically
affect the local atmosphere. The gas is ejected supersonically at 1 km/s. Zhang et al.
(2004) describe the relation between volcanic source temperature, conduit size, and gravity needed for a canopy shock to form when a sublimation component is present. Models
used to describe different Io plume sizes and types include simple lateral hydrostatic adjustment for the general description of localized atmospheres (Ingersoll 1989), stochasticballistic motions for the free-molecular regime (e.g. Strom and Schneider 1982; Lellouch
1996), rarefied gas dynamics for the transitional regime (Austin and Goldstein 2000;
Zhang et al. 2004), and computational fluid dynamics for the continuum regime (Moreno
et al. 1991). Spencer et al. (2007) report images of the large Tvashtar plume obtained with
the New Horizons spacecraft that show remarkable time-variable structures from the upper
part of the plume but no central column of upgoing particles. These images and a movie
suggest that the observed particles may largely condense from gas within the plume instead
of being entrained. Such “snowflakes” would be consistent with earlier measurements of
500–1000 amu particles with the Galileo Plasma Spectrometer (Frank and Paterson 2002).
The mass flux from Io’s plumes and lava flows resurfaces the satellite at a rate of 0.55–
1.06 cm/year based on heat flow estimates (McEwen et al. 2004). No impact craters have
been detected on Io (i.e., over the 80% of it observed at high resolution). This fact requires
resurfacing to bury 20 km sized craters formed on timescales of one every ∼ 3 Myr (Zahnle
et al. 2003), which is a minimum rate of 0.05 cm/year. Daily sublimation and re-adsorption
of SO2 covers the surface in frost, which is found everywhere except hot volcanic centers
(Carlson et al. 1997; Douté et al. 2001). These SO2 frosts are enhanced in an equatorial
band and are distributed with different depths, mixing ratios, and grain sizes (McEwen et al.
1988; Laver and de Pater 2008). The correlation of SO2 rich surface regions with active
plumes makes it difficult to observationally distinguish between direct volcanic and indirect
sublimation sources for Io’s atmosphere using spatial associations.
Observations of Io’s auroral emissions when passing into and out of eclipse by the New
Horizons mission constrain the volcanic and sublimation sources while avoiding this difficulty. Together with models of Io’s plasma interaction (Saur and Strobel 2004) and estimates
of changes to the sublimation atmosphere in response to surface temperature changes in
shadow (Sinton and Kaminski 1988; Spencer et al. 2000), these observations suggest that 1–
3% of Io’s dayside atmosphere is volcanic, and that the sublimation source is largely halted
on the nightside (Retherford et al. 2007). More information on Io’s surface temperature, thermal inertia, and the sticking coefficients for SO2 frosts interacting with supersonic plume
gas are needed to better understand the partial atmospheric collapse of Io’s atmosphere in
shadow and the relative role of the plume atmospheres.
Giant plumes deposit rings of material several hundred kilometers around volcanos.
These rings and other shaped deposits display an interesting canvas of coloration that evolves
with time. Molecular sulfur gas (S2 ) and other species expected from plume photochemistry models (Moses et al. 2002) such as S3 , S4 , and S2 O are deposited on the surface. On
the surface, S2 may anneal to form the S4 molecule thought to explain the red color of
the largest rings (e.g., seen at Pele). Silicate dust particles likely explain the darkest features. In the solid state, sulfur allotropes such as S8 , itself formed from S3 and S4 , can
form long chains of polymeric sulfur, S∞ . Surface processes such as photolysis and radiolysis can modify these sulfur constituents mixed with SO2 and other frosts such as SO3
and possibly Cl2 SO2 and H2 S, resulting in the colors of white, yellow, green, red, and black
observed near plumes (cf. reviews by McEwen et al. 2004; Carlson et al. 2007; Geissler
and Goldstein 2007). Evidence for water on the surface of Io (e.g. Salama et al. 1990;
Carlson et al. 2007) is scant. The sublimation and adsorption/condensation cycle for the primary constituents tends to cover deposits of trace plume species, and converts fine grained
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ices to coarse grained ices. Shocks formed when the supersonic plume gas impacts the surface and/or the near-surface sublimation atmosphere can at times remove ring material faster
than it deposits it, depending on the surface temperature and related sticking coefficient
(Zhang et al. 2004).
4.2.2 Enceladus
The Enceladus plume emerges from discrete sources (Spitale and Porco 2007) located on a
system of cracks in the ice crust (Spencer et al. 2006). Although a certain variability of the
plume activity is expected from the response of the cracks to tidal stresses (Hurford et al.
2007), the plume appears surprisingly steady over the time it has been observed. Similar
gas densities are derived from stellar plume occultations recorded by the Cassini Ultraviolet
Imaging Spectrograph (UVIS) with an increase by a factor of 1.7 from 2005 (Hansen et al.
2006) (1.5 × 1016 molecules per cm2 for a line of sight passing at 15 km altitude over
the south pole) to 2007 (Hansen et al. 2008). Moreover, unchanged individual dust jets are
observed in images taken over more than two years (Spitale and Porco 2007), which further
supports the idea that the plume sources remain active over long periods.
Such a continuous plume activity requires a steady mechanism for the production of
gas and grains. Explosive and self-limiting processes appear implausible (Brilliantov et al.
2008). This excludes geyser-like processes, with a build up of pressure, suddenly released
in an eruption, and it rules out the so-called cold faithful model (Porco et al. 2006). Also the
decomposition of clathrates (Kieffer et al. 2006) seems difficult to reconcile with the steady
production of gas and grains, although this idea is attractive since it offers an explanation
for the observed abundance of roughly 10% of volatile gases (CO2 , N2 , CO) in the plume
gas (Waite et al. 2006).
Alternative scenarios for the production of gas are direct evaporation either from liquid
water (Schmidt et al. 2008; Postberg et al. 2009) or warm ice (Nimmo et al. 2007) at depth
under the ice crust. In these models the gas flows through cracks in the ice to surface. At the
site of evaporation the gas is in near thermal equilibrium with the water and/or ice. When the
vapour is accelerated it expands and cools, in accordance with the laws of thermodynamics,
and thus becomes super-saturated, and ice grains may condense from the vapour.
When a new crack is opened in the ice crust both models (sublimation from liquid or
warm ice) lead to a nearly steady state after a transition period, in which the gas slowly
heats the ice in the vicinity of the crack. Initially, the vapour will condense entirely at depth
on the cold crack walls and by latent heat of condensation the ice will gradually warm
up. Eventually, the process approaches a steady state when the heat flow in the ice is in
equilibrium with the radiative loss at the surface and the heat supplied by advection by
the gas from depth. This transition to the steady state may take hundreds of years for a
crack of several kilometers depth (Ingersoll and Pankine 2010). During this period narrow
cracks might even be sealed by the condensing vapour before the gas flow reaches vacuum.
Systems of nearby cracks may act together heating the ice in their vicinity. In steady state
condensation at the walls will be mostly limited to the region close to the surface, since
there the temperature gradient, and thus the heat flow, is largest. In this way a conduit should
naturally develop its narrowest point near the surface.
Averaging over more complex channel profiles, Schmidt et al. (2008) obtained a differential particle size distribution for the condensed grains which has a slope corresponding
to an exponent of −4 for grains in the size range of one micron but globally falling off
steeper than a power law. Also, the distribution exhibits a local minimum for submicron
sized grains. This distribution is consistent with the narrow E ring size distribution derived
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from pre Cassini data (Showalter 1991; Nicholson et al. 1996) and Cassini CDA data (Kempf
et al. 2008).
From the structure of the dust plume seen in images it was early concluded that most of
the grains must fall back to the surface, ejected at a mean speed of 120 m/s (Porco et al.
2006), which is smaller than Enceladus’ escape speed of 240 m/s. The plume model of
Schmidt et al. (2008) gives a mean grain speed of 100 m/s, which is practically the same
number. The velocity distribution was recently constrained (Hedman et al. 2009) from a detailed analysis and modeling of spectral slopes of the plume obtained from data taken by
the Cassini Visual and Infrared Mapping Spectrometer (VIMS). The authors find clear evidence that large particles (around 3 micron radius) are ejected at low velocities, practically
all falling back to the surface and populating the lower parts of the plume, while smaller
particles are systematically faster.
Altogether, the low speed of the ejected grains appears surprising, since large gas speeds
on the order of 500 m/s were inferred from Cassini UVIS data (Hansen et al. 2006;
Tian et al. 2007). If grains condense in the gas, one would expect them to have the same
velocity. If the grains are formed by some other mechanism, then the gas must be sufficiently dense to accelerate them. Also in this case the grain will rapidly reach gas speed,
again in contradiction to the observations.
There are in principle two ways to understand the slow velocity of the dust compared to
the gas. One possibility (Schmidt et al. 2008) is that frequent collisions of grains with the
vent walls repeatedly decelerate the grains relative to the gas. Such collisions are in practice
unavoidable in a realistic channel, i.e. one that is not perfectly straight, since the streamlines
of the gas and the trajectories will differ. Owing to their smaller speeds, large grains populate
the plume at lower altitudes. This model reproduces the particle densities measured by CDA
(Schmidt et al. 2008), the brightness of the plume seen in images, and the gas production rate
inferred by INMS and UVIS. Another possibility to obtain in principle slow grains and fast
gas is that the gas and dust decouple only in the uppermost, funnel shaped, part of a channel.
In this region the gas is further accelerated by the pressure drop from the channel to vacuum,
while it simultaneously dilutes by large factors. If this mechanism works quantitatively,
simulating the observed particle speed-size distribution (Hedman et al. 2009) remains to be
verified.
The composition of ejected material addresses the question of whether liquid water or
warm ice is Enceladus’ primary plume source (Zolotov 2007). If the jets originate from
sublimating ice, trapped gases would be the major non-water compound, whereas minerals leached from the large Enceladian rock core should be present in a possible subsurface
ocean. In the latter case Na+ and Cl− ions, are expected to be the most abundant non-water
+
species, followed by bicarbonate (HCO−
3 ) and K (Zolotov 2007). During the slow downward freezing expected after formation of icy planetary bodies, alkali salts always stay in the
liquid phase and the ice crust remains practically salt free. On one hand the abundant detection of CO2 , CH4 , N2 and/or CO in the plume vapour (Waite et al. 2006) suggest the presence
of clathrate hydrates and gave rise to the proposition that the decomposition of such ices is
the actual plume driver (Kieffer et al. 2006). On the other hand the in situ measurements of
Cassini CDA show alkali metals in 93% of mass spectra from E ring ice grains (Postberg
et al. 2009). The E ring can be considered as a storage ring for previously ejected plume
grains. Whereas most of these grains show only traces of sodium and potassium (Na/H2 O
≈ 10−7 ), about 6% exhibit a salt content increased by several orders of magnitude (Na/H2 O
≈ 10−2 –10−3 ). Particles with intermediate concentrations are rare (<3%).
The Na-rich CDA spectra imply 0.05–0.2 M/kg NaCl and 0.02–0.1 M/kg NaHCO3 yielding an alkaline pH of 8.5–9 in a liquid with the ice grains composition. This is in compelling
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similarity with the model calculations (Zolotov 2007). However, the inferred Na/K ratio of
100–300 is about 10 times higher than expected from the solar abundance. The presence
of salts in concentration as found in Na-rich E ring grains is difficult to reconcile with ice
sublimation (Nimmo et al. 2007) or clathrate decomposition as the main plume producing
process (Kieffer et al. 2006). The observed composition strongly favors an origin from water
that is or has been in contact with the rocky core.
The non-water molecules found in the plume vapour (Waite et al. 2006) suggest clathrate
decomposition as a parallel process. Although probably not relevant as a plume driver, gas
release from clathrates might take place at ice/water interfaces of the source or in ice layers
above such a reservoir. However, a “Soda Ocean” rich in bicarbonates could also work as a
source of CO2 . Hydrothermal processes (Matson et al. 2007) might also be considered for
the production of N2 , CH4 , and other organic compounds. Postberg et al. (2009) introduce
a scenario in which Na-rich and Na-poor grain populations are both produced from liquid
plume sources (Fig. 8): Na-rich ice grains are formed by freezing of aerosols created by ascending gas bubbles (e.g. from CO2 ) or other turbulent processes in the liquid. The Na-poor
grains (which represent the main E ring population) are suggested to stem from nucleation
of the supersaturated vapour (Fig. 8B) as suggested by Schmidt et al. (2008). Trace amounts
of NaCl molecules (present in low concentration in the liquid Zolotov 2007) can traverse
from liquid solution into the gas phase. Due to its high energy of solution, a significant
Na escape via the plume gases is not expected and in agreement with the non detection by
Cassini instruments and Earth bound spectroscopy (Schneider et al. 2009).

Fig. 8 Plume generation from a liquid source according to Postberg et al. (2009). A Production of Na-rich
grains: Aerosol-like droplets (blue) are generated by dispersion above the salty liquid, preserving the ocean’s
composition. Such sub-micron sized droplets would condense some additional water from the supersaturated
gas that drags them to the surface. Therefore, the salt content of Na-rich grains can be considered as a lower
limit for an Enceladus ocean. B Production of Na-poor grains: The formation of ice grains by condensation
of water vapour ascending from a liquid reservoir with subsequent growth and transport in the vent (Schmidt
et al. 2008). The particles initially have the same low ratio of NaCl/H2 O as the gas
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One might consider the possibility of parallel venting mechanisms from a liquid and from
warm ice. The first would produce the Na-rich grains, the latter the majority of non-water
plume gases and Na-poor grains. However, the formation of Na-rich particles requires a
liquid reservoir, so evaporation above such a liquid is probably the most plausible driver for
Enceladus’ plumes in general.
From heat flow arguments it can be shown that the liquid/gas interface below Enceladus’
surface must be orders of magnitude larger than the vent cross sections, otherwise implausibly large temperature gradients would be necessary to balance the loss due to latent heat
(Postberg et al. 2009). Therefore large vapour chambers which narrow to the vent channels
are required above a liquid plume source.
4.2.3 Triton
Two plume features on Triton, Hili and Mahilani, were clearly identified in Voyager 2 images (Smith et al. 1989). These plumes have a central vertical column of height ∼ 8 km
(and radii of 20 m to 2 km), above which a trailing cloud extends over 100 km downwind
toward the west (Soderblom et al. 1990). The images also show evidence for two or more
plumes, and a few persistent cloud features viewed near the terminator were speculated to
be associated with plume sources. The composition of the plumes is thought to be nitrogen and possibly methane, with dark features being entrained N2 ices or hydrocarbon (soot)
particles. These hydrocarbon particles are likely produced by methane photochemistry (photolysis and radiolysis), but primordial/exogenic sources can not be ruled out.
The production of plumes is thought to occur from a solid state greenhouse effect, though
other explanations have also been developed (Kirk et al. 1995). The association of the plume
events with the nearby Triton sub-solar point lends credence to the solid state greenhouse
explanation. In this process a dark absorbing layer, (e.g., organic compounds or deeper layers of N2 ice), beneath a transparent layer, (e.g., of translucent N2 ice), creates a temperature
differential below the surface. Since Triton’s surface temperature of 37 K to 39 K is near
enough the triple point of N2 and CH4 these gases can sublimate below the surface, filling
subsurface regions with pressurized gas that then erupts explosively or gradually escapes.
Gas, dust, and condensate particles entrained in the plume enter the atmosphere in this way.
These plume components may form some or all of the clouds, and may contribute to hydrocarbon photochemistry and haze formation. Additionally, the downwind tail component of
the plumes implies that subsequent deposition onto the surface might form the many streak
features observed by Voyager.
Triton’s nitrogen atmosphere is buffered by nitrogen surface frosts, meaning that the main
atmospheric constituent is sublimated and in vapour pressure equilibrium with the surface.
Voyager 2 radio occultations detected a thick ionosphere and signs of a thermal inversion
near the surface consistent with this substantial atmosphere (Tyler et al. 1989). Triton’s
retrograde orbit, obliquity, and precession result in an interesting seasonal cycle in which
the sub-solar latitude varies widely from ±10° to ±52° during a Triton year (∼ 165 years).
Transport of nitrogen frosts from pole to pole is expected to cover surface features created
by active plumes and related processes at high latitudes with a few centimetres to a few
meters of material per year. However, Voyager 2 observed a bright southern hemisphere in
summer, and the darker northern hemisphere and equatorial region appeared to lack similar
frost deposits (Yelle et al. 1995). Detections of methane and carbon monoxide on the surface
imply their presence in the atmosphere owing to their volatility (Brown et al. 1995), with
methane confirmed by Voyager UV occultation observations (Broadfoot et al. 1989; Strobel
and Summers 1995). Geological features called guttae and aureoles may best be explained
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as formed by volatile deposits early in Triton’s history (McKinnon et al. 1995) and shaped
by sublimation and wind erosion, though the composition of the material is not determined
(Croft et al. 1995). The age of Triton’s surface is constrained by impact cratering records to
be 6–50 Myr (Schenk and Zahnle 2007). Observed craters did not show rays, which were
likely obscured by a veneer of volatiles (Smith et al. 1989).
4.2.4 Titan
The most convincing evidence for past eruption and internal outgassing over Titan’s history
is provided by the GCMS onboard the Huygens probe that detected a significant amount
of 40 Ar in Titan’s atmosphere (Niemann et al. 2005). Radiogenic 40 Ar is the decay daughter of 40 K, which is contained in the rocky part of Titan’s interior. Its detection in the atmosphere indicates that significant outgassing from the interior has occurred over Titan’s
history. Moreover, carbon and nitrogen isotopic ratios measured by the GCMS indicate that
nitrogen and methane, the two major compounds in Titan’s atmosphere, have followed two
distinct evolutionary paths. The carbon isotopic ratio 13 C/12 C in hydrocarbon molecules,
which is relatively close to the terrestrial value (Niemann et al. 2005) reflects a bulk carbon
inventory that did not participate in the massive escape phase that followed the formation of
an ancient post-accretional atmosphere. In contrast, the isotopic ratio 15 N/14 N shows strong
enrichment relative to the terrestrial value and hence suggests a large escape. This constraint
together with the low abundance in 36 Ar, which implies that the nitrogen was captured as
NH3 and converted just after accretion (Niemann et al. 2005), indicate that nitrogen has
been present in Titan’s atmosphere since its formation, whereas today’s methane has been
injected much later. The exact timing of volatile outgassing is difficult to constrain from
only these measurements, but they clearly indicate that internal outgassing has occurred at
some period during Titan’s history.
Owing to the presence of a very thick atmosphere on Titan, eruption styles are likely
to be very different from those of Enceladus. On Titan, explosive eruption are expected to
occur only if a large reservoir of clathrate, volatile-rich sediments or crustal methanifer, is
suddenly disrupted (Fortes et al. 2007; Choukroun et al. 2010). Even if explosive activity
is predicted to be the dominant eruptive style on Titan (Fortes et al. 2007), the absence of
direct observation make difficult to conclude if such a process is a common feature on Titan.

5 Concluding Remarks
In this chapter, we have discussed the different physical processes that control the exchanges
between the interior, surface and atmosphere on a variety of icy moons. Even though the icy
moons are very different in aspect, they are all affected by similar physical processes. Despite recent progresses in the understanding of exchange processes from spacecraft observations (Galileo and Cassini-Huygens), numerical modellings and laboratory experiments,
many questions remains unanswered. For instance, even though cryovolcanic activity has
been speculated to occur on icy moons for several decades, the exact mechanism that leads
to the eruption of liquids on the surface of an icy moon is still not understood. Key measurements are still lacking to constrain the different external and internal processes affecting
the satellite surface. In particular the subsurface structure remains unknown. Ice-penetrating
radar on future spacecrafts would be of great values to better understand the exchange with
the underground. Moreover, flyby observations prevent homogeneous global mapping and
long-term monitoring of atmosphere and surface features. Only observations from an orbiter would permit to accurately map the surface and detect subtle surface changes. Future
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explorations of Europa and Ganymede by the joint NASA/ESA Europa and Jupiter System Mission should provide these missing measurements. In situ measurements such as the
analysis of plume particles or of surface materials, or the deployment of geophysical instruments on the surface can also be envisaged in the future, in particular in the Saturnian system
where landing on Titan is relatively easy and where Enceladus plumes can be very easily
sampled. In parallel, modelling and experimental efforts are required to interpret all the data
that are continuously gathered by the Cassini spacecraft as well as to prepare the analysis
and interpretation of the new dataset that the future exploration missions will collect.
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