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Mark P. Panninga , Éric Beuclerb , Mélanie Drilleaub,c , Antoine Mocquetb ,
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Abstract
The planned InSight mission will deliver a single seismic station containing
3-component broadband and short-period sensors to the surface of Mars in
2016. While much of the progress in understanding the Earth and Moon’s
interior has relied on the use of seismic networks for accurate location of
sources, single station approaches can be applied to data returned from Mars
in order to locate events and determine interior structure. In preparation for
the data return from InSight, we use a terrestrial dataset recorded at the
Global Seismic Network station BFO, located at the Black Forest Observatory in Germany, to verify an approach for event location and structure
determination based on recordings of multiple orbit surface waves, which will
be more favorable to record on Mars than Earth due to smaller planetary radius and potentially lower background noise. With this approach applied to
events near the threshold of observability on Earth, we are able to determine
epicentral distance within approximately 1 degree (corresponding to ∼60 km
on Mars), and origin time within ∼30 seconds. With back azimuth determined from Rayleigh wave polarization, absolute locations are determined
generally within an aperture of 10 degrees, allowing for localization within
large tectonic regions on Mars. With these locations, we are able to recover
Earth mantle structure within ±5% (the InSight mission requirements for
Martian mantle structure) using 1D travel time inversions of P and S travel
times for datasets of only 7 events. The location algorithm also allows for
the measurement of great-circle averaged group velocity dispersion, which we
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measure between 40 and 200 seconds to scale the expected reliable frequency
range of the Insight data from Earth to Mars data. Using the terrestrial
data, we are able to resolve structure down to ∼200 km, but synthetic tests
demonstrate we should be able to resolve Martian structure to ∼400 km with
the same frequency content given the smaller planetary size.
Keywords: Mars, interior, Geophysics, Earth
1. Introduction
Seismology is one of the strongest observational tools available in order
to constrain the deep interior structure of planetary bodies (Lognonné and
Johnson, 2007). After the advent of quality seismometers in the late 19th
and early 20th centuries, our knowledge of Earth structure expanded rapidly
with the discovery of the core by Richard Oldham in 1906, the crust-mantle
discontinuity by Andrija Mohorovic̆ić in 1909, and the inner core by Inge
Lehmann in 1936. By 1939, Harold Jeﬀreys had produced a 1D global model
of the whole Earth capable of matching P wave arrivals within 0.2% (see e.g.
Lay and Wallace, 1995, ch. 1). In addition to the Earth, however, we have
retrieved instrumental seismic data with clear evidence of interior signals
only from the Earth’s moon. The data from seismometers deployed on the
Moon as part of Apollo Passive Seismic Experiment by astronauts in four of
the six Apollo missions between 1969 and 1972, which recorded data until
1977, gave ﬁrst order constraints on lunar structure, while also producing
very unexpected seismograms showing high levels of scattering (e.g. Nakamura, 1983). While we have not received any more data from the Moon
since the 1970’s, recent research applying more more advanced seismological approaches developed since the initial studies have reﬁned this model,
and revealed more information about possible core layering and partial melting (Khan and Mosegaard, 2002; Lognonné et al., 2003; Chenet et al., 2006;
Gagnepain-Beyneix et al., 2006; Khan et al., 2007; Garcia et al., 2011; Weber
et al., 2011).
The power of seismology to illuminate planetary interiors is one of the
primary motivations behind the planned InSight lander mission to Mars
(Banerdt et al., 2013), which will include 3-component broadband and short
period seismometers (SEIS experiment, (Lognonné et al., 2012a; Mimoun
et al., 2012)), as well as a heat ﬂow probe (HP3 ), a geodetic experiment
(RISE), and a magnetometer, in addition to meteorological sensors. While
2

2 seismometers, with sensitivity limited to 1 to 5 orders of magnitude lower
than that of the Apollo seismometers, were landed on Mars during the Viking
missions in the late 1970’s, the seismometer on Viking 1 did not properly
uncage, and the placement of the seismometer on the top of the Viking 2
lander prevented the recovery of any signals deﬁnitively originating in the
planetary interior, although one possible internal signal was identiﬁed (Anderson et al., 1977). 20 years later, the second attempt with the OPTIMISM
seismometers (Lognonné et al., 1998) onboard two Small Autonomous Stations (Linkin et al., 1998) was lost due to a Mars 96 mission launch stage
failure. While the seismometer from the Viking mission did give us a solid
upper bound on the Martian seismicity level and may have observed an internal event, the higher sensitivity of the InSight seismometer installation (both
due to instrument sensitivity and installation on the surface of Mars rather
than atop a lander), greatly enhances our capability of observing Martian
seismicity. Despite the lack of seismic observational data to date, basic constraints from planetary mass and moment of inertia and some assumptions
on bulk chemistry based on constraints primarily from SNC meteorites (McSween, 1994) have allowed for several estimates of the internal elastic and
compositional structure of Mars (e.g. Mocquet et al., 1996; Sohl and Spohn,
1997; Gudkova and Zharkov, 2004; Rivoldini et al., 2011).
Many of the advances of Earth seismology have been built on the concept
of networks of multiple instruments, which allow for accurate determination
of source parameters for recorded quakes, and the four instruments of the
Apollo Passive Seismic Experiment built on this legacy for planetary seismology. Logically, proposals for Martian seismometry, such as the NetLander
mission (Lognonné et al., 2000; Dehant et al., 2004), have also attempted to
set up networks using multiple landers. Multiple landers with geophysical
instruments, however, lead to large expenses, and for this reason, the Insight
mission has chosen to focus on a single lander and seismic station deployment,
requiring a diﬀerent strategy than simple body wave travel times inversion
for the determination of the interior structure. While most of Earth seismology does rely on networks and the accurate locations they allow, there are
many techniques that can be applied to single station data, including receiver
functions (e.g. Phinney, 1964; Vinnik et al., 2001) and normal mode analysis (e.g. Lognonné et al., 1998). We focus on the ability of a single station
approach like that of InSight to achieve the science goal of resolving mantle velocity structure within ±5%, which will give us strong constraints on
the internal structure and evolution of another terrestrial planet for the ﬁrst
3

time. In this study, we verify the potential of single-station data using locations determined from multiple orbit surface waves both for determination of
tectonically active regions as well as allowing for travel time inversions for 1D
mantle velocity structure. Surface wave dispersion analysis is also possible
with single station data, and we show that we should be able to resolve upper
mantle velocity structure with group velocity dispersion measurements made
at a single station using multiple orbit surface waves.
2. Expected Martian seismicity
Given the lack of direct observations of seismic activity from the Viking
landers compared to the installation and instrument noise observed in that
experiment (Anderson et al., 1977), we are able to constrain a rough upper
bound on seismicity (based on the lack of observations) roughly equivalent to
intraplate activity on Earth (Solomon et al., 1991). The Earth’s intraplate
activity level (the number of events per year of a given seismic moment) is
shown by the solid red line on ﬁg. 1. On the other hand, we would expect
there to be a higher rate of cooling on Mars than on the Moon, and would
therefore expect seismicity rates due to thermal contraction to be higher
than lunar rates (e.g. Solomon et al., 1991; Phillips, 1991; Knapmeyer et al.,
2006, see red line with triangles on ﬁg. 1). Constraining the seismic activity
of Mars, therefore, will obviously be a ﬁrst order result from the proposed
InSight mission.
Seismicity levels can also be estimated in advance of instrumental data
by using thermal modeling (Phillips, 1991) or analysis of surface faulting
(Golombek et al., 1992; Golombek, 2002; Knapmeyer et al., 2006) (ﬁg. 1).
While there is certainly a large amount of uncertainty in these estimates,
most values cluster in a range which implies we potentially may observe 110 events with seismic moment near 1017 Nm (moment magnitude MW 5.3)
during the nominal Martian year duration of the mission. Excitation of
normal modes above the observational limit ( about 10−9 ms−2 /Hz1/2 ) is
likely for moment larger than 1017 Nm and will then allow inversions of the
normal modes eigenfrequencies between 50 sec and 100 sec (Lognonné et al.,
1996). We however do not discuss here such inversion, but instead focus on
smaller quakes, expected to occur at a higher rate and therefore possibly still
observable even in the case of a weaker than expected seismicity of Mars.
Events near the range of 1016 to 1017 Nm in moment release are important as they will likely be large enough to observe multiple orbit surface
4

waves (i.e. surface waves that either travel on the major arc to the station
or have at least one full great-circle transit of the planet). When recorded
on a quiet station on Earth, these multiple orbit surface waves begin to become reliably observable for events with a moment of ∼1018 Nm (MW 6).
These low amplitudes are mainly related to attenuation eﬀects: Rayleigh
surface waves at 100 sec have group velocity of about 3.8 km/s and a quality
ωt
) ) after one
factor of Q = 120, so the attenuation factor (αEarth =exp(− 2Q
circuit around the planet (about 3 hr) is about 1/15. Even if the mantle
attenuation of Mars is relatively high (i.e. relatively low Q), the Martian
thermal lithosphere (which on Earth has relatively low attenuation) is expected to be much thicker and the attenuation of such a surface wave, which
has peak energy at a depth of 100-200 km, is therefore expected to be much
less than on Earth (Lognonné and Mosser, 1993; Nimmo and Faul, 2013).
The corresponding Martian attenuation factor is therefore expected to be
h

aMars ×QEarth
aEarth ×QMars

αMars = αEarth

i

,

(1)

where aEarth and aMars are the radii of Earth and Mars, respectively. Both the
smaller radius and the expected larger QMars makes the attenuation factor
much smaller on Mars. Even if we assume identical Q on Mars to Earth,
multiple orbit surface waves will have amplitudes that are larger roughly by
an order of magnitude simply due to the smaller planetary radius(ﬁg. 2).
The likely higher Q on Mars due to the expected thicker thermal lithosphere
would only enhance this eﬀect. For this reason, it is reasonable to expect
that multiple orbit surface waves will likely be observable for events with
moments ranging from 1016 Nm to 1017 Nm.
3. Surface wave-based single station location
In order to use surface waves for location, we need to be able to record
multiple orbit surface waves. At a minimum, we need to be able to measure timing of the minor and major arc, plus the third orbit (minor arc plus
another trip around the great circle path). We break the location problem
into two parts. First, we determine distance and origin time from the timing of the ﬁrst three orbits. This should be a relatively robust approach,
as it relies only on the vertical component, which is likely to be the least
noisy component of data recovered. This determination alone is suﬃcient for
using body wave travel times to perform inversions for spherically averaged
5
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Figure 1: Estimates of Martian seismicity plotted as the number of events per Earth
year greater than a given seismic moment vs. moment. Earth activity line is derived
from a ﬁt to the linear portion of the Harvard CMT catalog from 1984-2004 (Dziewonski
and Woodhouse, 1983), while the intraplate line is simply 0.5% of the full Earth moment
release based on studies of continental intraplate seismicity (Johnson and Kanter, 1990;
Okal and Sweet, 2007). The lunar activity line is derived from the catalog of Nakamura
et al. (1979). The dashed horizontal line represents the level above which we would expect
to see a few events during the InSight mission, while the vertical dash-dot lines at 1016
and 1018 Nm represent the moment range over which we would expect 3rd orbit Rayleigh
waves to become observable. Figure adapted from Knapmeyer et al. (2006).
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Figure 2: Amplitude of Rayleigh wave trains with a period of 50 s normalized by R1 (minor
arc) amplitude at an epicentral distance of 10,000 km on Earth. Calculations are made
assuming identical spatial Q of 150, and only taking into account diﬀerences in geometrical
spreading and propagation distance. Note that R2 and R3 on Mars are larger than on
Earth by roughly an order of magnitude.

structure. Next, we determine back azimuth using rotation of the horizontal
components. Of course, this measurement may be more problematic with
data from the single seismic station of the InSight mission, but we demonstrate that we can localize events within large tectonic regions if we do have
horizontal measurements of suﬃcient quality.
3.1. Distance and origin time
If we are able to record up to 3rd orbit surface waves, determining distance
and origin time of the source is a straightforward process. For this process,
we ﬁlter the data in a series of frequency bands and take the envelope in
order to pick the maximum energies of the ﬁrst three orbits of the Rayleigh
wave. Let us denote the arrival times at a given frequency band R1, R2, and
R3. The angular group velocity is then
2π
,
(2)
R3 − R1
where the angular distances are measured in radians, and angular group
velocity is in radians/sec. These velocities can be converted to more typical
units such as km/sec by multiplying by the planetary radius. The epicentral
distance, Δ, and origin time, t0 , can then be derived as
U =

1
Δ = π − U (R2 − R1)
2
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(3)

Δ
.
(4)
U
Of course, we could do a similar process for the Love waves, but noise is
expected to be lower on the vertical component (based on both experience
with terrestrial seismic deployments and expectation of pressure-induced tilt
noise on the horizontal components in the surface wave frequency band), and
this will be the most robust means of estimating distance and origin time.
In order to verify this basic approach, and to determine the level of error
in location that can be expected with such a procedure, we collected data
from 36 shallow events at a variety of epicentral distances in the magnitude
range M6.0-M6.5 measured on the Global Seismic Network station BFO,
located at the Black Forest Observatory in Germany (ﬁg. 3). The event
locations and CMT moment magnitudes (Ekström et al., 2012) are shown
in table 1. Note that the initial data selection was based on a catalog of
body wave (mb ) magnitudes, and so a few of the CMT MW magnitudes are
above and below the original range (ranging from 5.68 to 6.88 in MW ). The
events discussed in this paper were chosen primarily to get a relatively even
distribution of shallow events as a function of distance and then applying our
processing approach to the ﬁrst few events in each distance range for which
we were able to visually identify R2 and R3 arrivals in 100 second lowpass
ﬁltered data. No further selection criteria were applied to the events to
select ”clean” data or advantageous focal mechanisms or to ensure azimuthal
distribution. Note that we limit ourselves to shallow events because deep
events do not excite fundamental mode surface waves eﬃciently. We ﬁlter
the data with a series of zero phase Butterworth bandpass ﬁlters, and take
the envelopes of the resulting seismograms (example shown in ﬁg. 4). While
R2 and R3 are typically not visually clear in the broadband time series data,
these magnitudes are just large enough to allow the multiple orbit surface
waves to emerge above the noise in some frequency bands, permitting us to
assess how well such a method will perform if multiple orbit surface waves are
observable for events recorded on Mars. We used an automated algorithm
to select R1, R2, and R3 arrival times by picking peak energy values as a
function of frequency. For each frequency band, we obtain an independent
estimate of epicentral distance, Δ, and origin time, t0 , as well as group
velocity, U as a function of frequency (which is used in section 5 to invert
for upper mantle velocity structure). Using multiple frequency bands allows
us to assess the consistency of the source parameter estimates and throw out
inconsistent data.
t0 = R1 −
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Figure 3: The 36 events used in this study plotted with their CMT focal mechanism
(Ekström et al., 2012).
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Event
Latitude
C200802201827A
36.24
C200802210246A
77.02
C200805291546A
63.92
C200907010930A
34.00
C200908200635A
72.22
C200909072241A
42.61
C200704050356A
37.45
C200704070709A
37.40
C200903061050A
80.33
C200906062033A
23.94
C200907071911A
75.33
C200912091600A
-0.62
C201005251009A
35.31
C200705041206A
-1.12
C200707030826A
0.81
C200707312255A
0.04
C200708202242A
8.19
C200803030931A
46.26
C200803151443A
2.47
C200804160554A
51.81
C200805201353A
51.11
C200805250821A
32.57
C200806132343A
39.03
C200806271140A
10.92
C200806281254A
10.90
C201001100027A
40.53
C201003140808A
37.70
C201003300102A
43.28
C201001050455A
-58.50
C201001171200A
-57.94
C201002090103A
-15.00
C201002130234A
-22.19
C201003070705A
-16.34
C201003121650A
-34.41
C201003151108A
-35.96
C201003160221A
-36.49

Longitude Depth
21.73
17.6
19.28
12.8
-21.17
12.0
25.50
12.0
0.84
12.0
43.51
13.4
-24.44
12.0
-24.38
12.0
-2.32
13.0
-46.12
12.0
-72.49
16.5
-20.80
26.5
-35.80
15.5
-14.92
12.7
-30.04
17.0
-17.86
21.8
-39.17
12.0
153.38
13.6
94.51
12.0
-179.17
12.0
178.53
17.6
105.45
27.0
140.85
12.0
91.82
17.1
91.80
12.0
-124.81
19.0
141.98
45.9
138.45
12.0
-14.85
15.1
-66.16
18.6
-173.07
15.0
-174.06
20.0
-115.45
12.7
-72.18
12.0
-73.85
12.0
-73.63
13.4

Mw Dist err (◦ ) t0 err (s)
6.16
-0.56
52.67
6.07
0.64
24.81
6.29
-1.96
-61.53
6.45
-0.59
-13.65
5.99
0.21
11.09
5.98
-3.07
16.43
6.34
0.06
0.56
6.06
-0.24
-11.54
6.47
-0.31
-7.35
6.00
-0.38
-9.61
6.03
-0.14
9.42
6.41
-0.01
8.00
6.30
0.42
19.60
6.22
0.29
-4.11
6.31
-0.34
1.55
6.17
-0.22
-10.59
6.54
0.63
5.95
6.48
0.96
14.92
6.03
-0.01
-28.15
6.60
-0.51
-5.83
6.27
-0.34
9.45
6.07
0.36
-66.22
6.88
1.19
-17.84
6.57
0.74
-11.66
6.08
0.94
25.00
6.51
1.08
-5.05
6.53
0.55
-65.16
5.75
0.82
-23.56
6.77
-1.26
-20.95
6.24
0.33
65.24
6.05
-0.02
19.95
6.03
-0.30
-22.85
6.26
0.29
7.10
5.68
0.39
-20.28
6.19
0.03
-39.27
6.64
0.48
-14.94

Table 1: Event CMT identiﬁers, latitude and longitude (in degrees) and depth (km) for
the dataset used in this study.
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Figure 4: Example envelope processing for a magnitude 6.1 quake in Svalbard (event
C200802210246A in table 1) at a distance of 29.1◦ from BFO. Color scale is normalized to
peak amplitude in each frequency band. R2 can be seen at longer periods arriving between
10000 and 11000 s, and R3 between 12000 and 13000 s.
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For our dataset of events recorded at BFO, we compared our estimated
epicentral distances and origin times with the catalog locations to estimate
the approximate error we can expect with such an approach on Martian
data (ﬁg. 5). As shown in the histograms and table 1, most events are
located within 1◦ for epicentral distance (which corresponds to about 60 km
on Mars) and 30 seconds in origin time, although a few outlying locations are
included in the dataset. While these errors are clearly quite large in comparison with network-determined locations used in most terrestrial seismology
applications, we are able to use them in combination with a small number of
picked P and S arrival times (section 4) to invert for mantle velocity proﬁles
that meet InSight mission requirements.
8

A

B

Count

6

4

2

0
−3.0 −2.4 −1.8 −1.2 −0.6 0.0

0.6

Distance error (degrees)

1.2

−60

−40

−20

0

20

40

60

Origin time error (s)

Figure 5: Histograms of errors in epicentral distance (A) and origin time (B) estimated
from multiple orbit Rayleigh wave arrival times relative to catalog locations.

3.2. Back azimuth determination
While epicentral distance and origin time are adequate for the inversion
of travel times for 1D velocity structure, we also need back azimuth in order
to localize any recorded events to a particular tectonic region on Mars. While
most event location schemes on the Earth rely on travel times recorded in
a network of stations, it is possible to determine the back azimuth based
on the polarization of particular seismic phases recorded on 3-component
seismograms. For example, any P-SV phases will be polarized in the greatcircle plane containing the source and receiver, and can be used to determine
back-azimuth. For this study, we are focusing on the utility of the longer
period surface wave data, and the known elliptical particle motion of Rayleigh
12

waves has been utilized in the past for single station location in the context
of nuclear monitoring on Earth (e.g. Chael, 1997; Baker and Stevens, 2004).
Any such polarization approach relies on high quality three component data
with relatively low noise on on the vertical as well as horizontal components.
The data used in this study, taken from BFO, comes from a station with
consistently low noise on the horizontal components, but this is dependent
on installation and site characteristics, and will likely be diﬀerent for InSight
data.
Using Rayleigh waveforms for back azimuth determination relies on the
retrograde elliptical particle motion which is polarized in the great circle
path between the source and receiver. When 3-component data is rotated
into the source-receiver great-circle reference frame, the longitudinal component (along the great-circle path in the direction of positive minor arc
propagation) is proportional to −1 times the Hilbert transform of the vertical component (e.g. Lay and Wallace, 1995). We can then determine the
proper back azimuth (180◦ from the azimuth of the properly rotated longitudinal component) by rotating the horizontal components to determine
the peak correlation with the Hilbert transformed vertical component in a
time window containing minor arc Rayleigh wave energy. It is important to
note that this technique does not have the 180◦ uncertainty of many body
wave-based polarization approaches which rely on separation of P-SV and
SH energy (see e.g. Frohlich and Pulliam, 1999). Such approaches may be
very important tools for Mars data if we are attempting to determine back
azimuth using body waves, particularly if we are not able to observe impulsive arrivals. Also, prograde elliptical particle motion has been modeled to
occur on Earth in some frequency bands due to the presence of thick, very
low velocity sedimentary basins (Tanimoto and Rivéra, 2005). The regolith
on Mars may exhibit such properties, and so careful modeling and observation will be necessary to avoid 180◦ errors in our estimates. Such motion
would likely be characterized by large horizontal motions relative to vertical
motions in the Rayleigh wave (Tanimoto and Rivéra, 2005), and would likely
exist only over a relatively narrow frequency band, so care must be taken to
identify observations that may be aﬀected by such particle motion.
In order to test how well we are able to determine back-azimuth in an
installation with very low noise on the horizontal components like BFO with
this approach, we take the data for each of the events we analyzed and ﬁlter
it with a series of narrow band passes centered on periods from 50 to 190 seconds. Each frequency window is a 2 pole zero phase Butterworth ﬁlter with
13

1.0

3e−06

Velocity (m/s)

2e−06

B
0.5

1e−06
0.0

0
−1e−06

−0.5
−2e−06
−1.0

−3e−06

1.0

3e−06

Velocity (m/s)

0.5
1e−06
0.0

0
−1e−06

−0.5
−2e−06

1500

2000

Time (s)

2500

3000 0

60

120

180

240

300

Correlation coefficient

D

C

2e−06

−3e−06
1000

Correlation coefficient

A

−1.0
360

Backazimuth (degrees)

Figure 6: 3-component seismograms and correlation of rotated horizontal components to
Hilbert transformed vertical component for two representative events at 70.8◦ (A and B)
and 80.5◦ (C and D). Seismograms (A and C) show the vertical (green), longitudinal
(black), and transverse components (red). The ﬁrst packet of energy in both sets of
seismograms is the S phase, while the second pack is the fundamental mode Love wave
(on transverse component) and Rayleigh wave (on vertical and longitudinal). Panels B and
D show correlation coeﬃcient calculated in a time window centered on the Rayleigh wave
arrival as a function of azimuth of rotated horizontal component averaged over calculations
in several narrow frequency bands (black) or calculated on the broadband data (red). The
back azimuth to the catalog location is shown with the blue dashed line.
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corners at ±20% of the center period. In each frequency window, we rotate
the horizontals through all azimuths with a 2◦ interval. For each rotation we
calculate the correlation coeﬃcient between the Hilbert-transformed vertical
component waveform and the chosen horizontal azimuth in each frequency
band. We then simply take the average of these correlation coeﬃcients across
all frequency bands at each azimuth and plot them to determine the maximum correlation (black lines in ﬁg. 6B and D), which should correspond to
the appropriate back azimuth. Alternatively, we can calculate a single correlation as a function of back azimuth on the broadband data including the
whole passband between 50 and 190 seconds (red lines in ﬁg. 6B and D).
The precision of the correlation peak depends strongly on the relative
amplitude of the Love wave and Rayleigh wave energy in the correlation
window. For an event with very strong Love wave energy (ﬁg. 6A), the correlation curve is strongly peaked since a small misrotation will include significant Love wave energy. If there is little Love wave energy in the correlation
window, though, the correlation peak is signiﬁcantly broader and precision
of back azimuth determination is lower (ﬁg. 6C). Note that even in the case
of a high-precision determination, there is still a mismatch between estimated back azimuth and the true back azimuth (dashed blue line in ﬁg. 6B).
This is likely due to 3D eﬀects resulting in oﬀ-great circle propagation of
the Rayleigh wave. Although Mars has very large topographic variations,
surface waves are found to be much less sensitive to crustal variation than
on Earth (Larmat et al., 2008), and we therefore expect these eﬀects to be
reduced on Mars. The correlation functions are generally more symmetric
around the peak value when calculated as the average across several narrow
frequency bands (black line in ﬁg. 6B and D) than for that calculated on the
broadband data (bandpass between 50 and 190 seconds, red line in ﬁg. 6B
and D). The asymmetry of this peak is a function of the phase relations between the Love and Rayleigh wave energy which vary strongly as a function
of frequency. Averaging over several frequency bands tends to enhance symmetry, while the broadband data is more strongly dominated by the higher
frequency energy and allows for signiﬁcant asymmetry.
Once the back azimuth is determined, we combine that with the epicentral
distances determined in section 3.1 to determine actual event location. We
compare these estimated locations with the catalog locations for all events in
our dataset (ﬁg. S1 and S2 in supplementary material). We calculate location
using back azimuths computed from the correlation function as determined
by the average over narrow bands or using the broadband data (ﬁg. 7). For
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Figure 7: Average and standard deviation of errors of estimated locations relative to catalog locations. In each distance bin the errors are shown for locations calculated from
averaging the back azimuth correlation function across many diﬀerent narrow frequency
bands (black) or for just calculating the correlation function on the broadband data bandpass between 50 and 190 seconds (red).

all but the closest events, the broadband determination of back azimuth gives
marginally better locations. Across all events studied, the average error is
less than 10 degrees, which should be adequate to associate a given event with
a particular large tectonic region on Mars, although not enough to associate
it with any mapped faults. The errors are largest for events near 90◦ in
distance, due to the geometric eﬀect that a given error in back azimuth leads
to a maximum error in location at that distance. Events less than 30 degrees
from the station, however, are generally located within 2 to 3 degrees of their
catalog locations. Hypocentral depth is not determined in this inversion,
and will likely be very diﬃcult to determine with a single station due to
depth and origin time tradeoﬀs, unless we are able to unambiguously identify
depth phases. Once again, it is important to emphasize that polarizationbased methods of back azimuth determination like this rely on high quality
recordings for all 3 components, unlike the rest of this study which can be
achieved with high quality measurements on the vertical component alone.
This study with BFO data is a best case scenario, given the low noise on the
horizontal components of BFO. If the actual installation on Mars has higher
noise on the horizontal components, this portion of the location approach
may only be possible for the largest events.
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4. Body wave travel time inversion
If we have epicentral distance and origin time, and are able to identify
body wave phase arrival times, we have enough information to perform body
wave travel time inversions for one dimensional mantle velocity structure. For
Earth data, events large enough to allow for the identiﬁcation of multipleorbit surface waves consistently produce easily identiﬁable body wave phases.
In order to test how well an inversion can resolve structure using only a few
body wave arrival times with the relatively large location and origin time errors of this simple, single-station approach, we picked P and S arrival times
for the 28 events in our dataset at distances less than 90◦ from BFO (ﬁg. 8).
All P and S arrivals for the events analyzed were clear and impulsive. Fig. 8
shows clearly the additional scatter in these travel times introduced by the
errors in epicentral distance and origin time from the surface wave determination as compared to the catalog locations. Of course, body wave travel
times also depend on depth of the event. For the events in this dataset, all
catalog depths are less than 50 km, and so the error from assuming a surface source for travel time calculations is small relative to the other errors in
epicentral distance and origin time. Deep events may indeed occur on Mars
(e.g. Solomon et al., 1991), but such events are unlikely to excite fundamental mode surface waves to a suﬃcient amplitude to allow for observation of
multiple orbit surface waves, and so we can assume shallow sources for events
located in this manner.
These travel times allow for an inversion for 1 dimensional crust and mantle velocity structure using very minimal a priori information. In a sense,
we are simply attempting to apply the methods used in Earth seismology
in the early 20th century. Ideally, if our velocity structure contains no low
velocity layers, and our travel time picks are accurate enough, there is an
analytical solution based on ray theory for the 1D structure known as the
Herglotz-Wiechert equation (Herglotz, 1907; Wiechert, 1910; Lay and Wallace, 1995). Unfortunately, this approach depends strongly on the slope of
the derived travel-time curves, and the large scatter of our travel time estimates does not allow for stable application of this approach. We instead
perform a series of simple, iterative 1D inversions using ray theory and ray
paths calculated with the TauP software package (Crotwell et al., 1999). The
ray paths are calculated in an initial, assumed starting model, and are then
used to calculate sensitivity for a damped least squares inversion for an improved velocity model in which the ray paths and predicted travel times are
17
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Figure 8: (A) Picked travel times for P (ﬁlled symbols) and S (open) relative to surface
wave estimated origin time and epicentral distance (red) and catalog distance and origin
time (black) for 28 events with distance less than 90◦ . (B) Picked travel times (as in A)
compared with predicted travel times from PREM (black lines, Dziewonski and Anderson,
1981) and the model derived from the 28 P and S travel times with mineral physics-ﬁxed
gradients (red lines). The corresponding velocity model is shown in thick red lines in
ﬁg. 9B.
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recalculated. The inversion is iterated until the travel time misﬁt converges.
Our initial modeling approach simply assumes a crustal thickness of 40 km
(thicker than most global reference models, but the sensitivity of the dataset
to crustal properties is small), and then invert for a series of layers with piecewise continuous linear velocity structure with ﬁve 400 km thick layers down
to 2040 km and an additional 1000 km thick layer down to 3040 km (thick red
lines in ﬁg. 9A). The models are constrained to non-negative velocity gradients. Low velocity layers certainly occur on the Earth, but they are diﬃcult
to resolve with sparse and noisy datasets, and allowing for negative gradients
in the solution inhibits convergence of the iterative inversions. While this is
a non-linear inverse approach, the resolved models are quite stable as a function of assumed starting model (ﬁg. S3 in supplementary material). While
the resolved model diﬀers clearly from reference Earth models such as PREM
(Dziewonski and Anderson, 1981), it reproduces the most general features of
reference Earth models with a higher velocity gradient in the transition zone,
but lower gradients in the uppermost and lower mantle. Additionally, the
resolved models are within the 5% uncertainty range speciﬁed in the mission
requirements of the InSight mission.
As we expect to only record less than 10 events large enough to obtain 3rd
orbit Rayleigh waves and use this location approach, we further divide the
dataset of 28 events into 4 independent subsets of 7 events that each roughly
spans the distance range to 90◦ , and invert them using the same approach as
the full dataset. As shown in the thin lines in ﬁg. 9A, the resulting models
show some scatter about the model resolved with the full dataset, particularly
in the upper mantle as well as the velocity gradient in the lowest 1000 km
of the model, consistent with the fact that we see the largest scatter in our
particular set of travel time estimates at distances less than 30◦ and greater
than 80◦ .
The initial modeling approach used very little a priori information about
the 1D velocity structure, which may be appropriate for initial velocity structure estimates in a planetary single seismic station mission. However, we do
have some constraints on the chemistry of the Mars, and we can use this
to infer some constraints on mantle velocity structure, such as likely depths
of phase transitions and approximate velocity gradients within given layers (e.g. Mocquet et al., 1996). For Mars, we have constraints about crustal
chemistry from samples of the SNC meteorites, widely believed to be igneous
rocks of Martian origin (McSween, 1994). Using a variety of assumptions,
these can be used to model overall major element mantle chemistry (see
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Lognonné and Johnson, 2007; Rivoldini et al., 2011, for a review of some of
these models) . Given these estimates of bulk chemistry, estimates can be
made of mineral abundances based on ab initio calculations and experimental phase diagrams for the pressure and temperature conditions modeled for
the Martian interior (e.g. Verhoeven et al., 2005; Khan and Connolly, 2008;
Rivoldini et al., 2011). For a given mineral assemblage, we can then use thermodynamic properties to extrapolate measured properties of those minerals
to the appropriate pressure and temperature conditions, as has been done
for several predicted models of Martian seismic structure (Mocquet et al.,
1996; Sohl and Spohn, 1997; Gudkova and Zharkov, 2004). While uncertainties in the assumed bulk chemistry and other methodological approaches
lead to diﬀerences between these models, and large diﬀerences in core radius
and properties are allowed depending on assumed core state and composition, there is general agreement on the basic characteristics of the Martian
mantle velocity structure in terms of approximate velocity gradient and location of phase-transition induced discontinuities. To simulate this level of
a priori constraint with our Earth-based veriﬁcation dataset, we choose to
start our inversion with a mineral physics based model of 1D Earth velocity
structure (PREF, Cammarano et al., 2005). There are actually a family of
PREF models which are deﬁned by predicting seismic velocities using a series of mineral physics parameters constrained by seismic data. We choose
to start from a PREF-derived model here rather than a purely seismically
derived 1D model such as PREM because we will not have a purely seismically deﬁned model to start from on Mars, but we can make inferences based
on mineral physics parameters. In this study, we then invert for a model
with gradients ﬁxed to that of a PREF-derived model, and simply invert for
absolute velocity perturbations within a series of layers separated by major
discontinuities in the model (the Moho, ﬁxed at 24 km, the ’410’ which is at
408 km in PREF, and the ’660’, at 664 km in PREF). The actual starting
model was derived from the PREF model distribution using one particular
model choice (au-10845) with the high-velocity lid in the uppermost mantle
removed in order to avoid any negative velocity gradients, which can lead
to instabilities in the path calculations in the iterative travel time inversion.
The PREF model is derived using large amounts of seismic data in combination with mineral physics constraints, and so of course provides a much
better match to seismic data than we could ever expect of an a priori model
of Martian velocity. We therefore start our inversions with the PREF model
both increased and decreased by a factor of 10% (see ﬁg. S4 in supplemen21

tary material). Note that this factor aﬀects both the absolute velocities as
well as the gradients of the models (similar to the uncertainty we expect in
a priori Martian velocity models), and so leads to some diﬀerences in the
ﬁnal resolved models, particularly in the amplitude of the velocity jumps for
the mantle discontinuities, which are not well constrained by this limited
dataset. The overall velocity structure remains quite similar throughout the
mantle. Inversions are performed both for the full dataset of P and S travel
time picks as well as for the subsets of 7 events using the reduced velocity
PREF as the starting model (ﬁg. 9B). For the subsets, it is clear that the
lower mantle structure is quite stable between the data subsets, while the
uppermost mantle above the 410 km discontinuity shows more variability.
In particular, the model derived using the data subset containing the closest
event (C200802201827A in table 1, model shown by orange line in ﬁg. 9A
and B), which was mislocated by 0.56◦ too far and 52 seconds late on the
origin time (ﬁg. 8), is clearly biased to high upper mantle velocities in both
the unconstrained and PREF-constrained inversions.
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Figure 10: Comparison of the subset-derived models from ﬁg. 9B (same colors and line
properties for the subset models and PREM) with the mission requirements of InSight (±
250 m/s in VS and 500 m/s in VP ) shown as thin black lines and grey box relative to the
PREM mantle velocity.

Obviously, inversions of small datasets of 7 events with relatively large
errors in epicentral distance and origin time lead to some variability in resolved velocity models. However, given this variability, we need to determine
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whether we are able to resolve mantle velocity structure within the science requirements of the InSight mission. For this mission, we aim to resolve mantle
S velocity structure within ±250 m/s and P velocity within ±500 m/s. For
the Earth veriﬁcation test here, we can compare the spread of the 7 events
derived models with this level of uncertainty compared with PREM (ﬁg. 10).
As shown in the ﬁgure, all S velocity models fall closely within this range.
For the P velocity models, there is a little more scatter in the upper mantle,
primarily due to the nearest event, as discussed above. The lower mantle
is in good agreement with the mission requirements in all models when the
velocity gradients are constrained with mineral physics models, despite the
scatter in arrival times at distances larger than 80◦ . Travel time inversions
of small datasets of P and S wave picks relative to locations determined by
multiple orbit surface waves do appear to be capable of resolving the mantle velocity structure, but it would be good to improve the upper mantle
velocity models as well, as this dataset demonstrates that it can be biased
by a relatively close event that is not well located. Fitting a travel time
curve, like any curve ﬁtting approach, is vulnerable to biases due to errors
near the endpoints, which means that the largest errors might be expected
in the shallowest and deepest mantle. Of course, if we have enough events
which can be located, we can iteratively improve the model as more data
becomes available, but there may be only a few events recorded of suﬃcient
magnitude. Fortunately, the great-circle averaged group velocity information
derived from our location algorithm can also help constrain the uppermost
structure to help avoid these biases for the shallow structure.
5. Inversion of group velocity dispersion diagrams
Given observations of ﬁrst and third orbit Rayleigh waves, we can obtain
group velocity dispersion diagrams (e.g. ﬁg. 11d-f). Probabilistic estimations of Rayleigh wave group velocity are preferred to single deterministic
dispersion curves since R3 is not easily pickable, due to the dispersion of
surface waves. Probability distributions are obtained by combining a single
pick for R1 wave train for each frequency, which is relatively impulsive with
any narrow band ﬁlter, and a exploration of all group velocity values to test
the third orbit arrivals. For a given frequency and group velocity, an R1
pick is made by automatic maxima detection, and a trial amplitude value for
R3 can be extracted from the signal envelope using eq. 2. The product of
the amplitudes of R1 and R3 can therefore be seen as the likelihood for R3
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arrival time for that combination of frequency and group velocity. After normalization and windowing, this weight is turned into a misﬁt value plotted
using greyscale as in ﬁg. 11d-f. This plot can then be converted to a probability distribution function, showing the degree of reliability of the group
velocity value for each frequency. In practice, group velocities are bounded
between 3 and 5.5 km/s over these frequencies, which allows for a wide range
of possibilities. Note that these dispersion diagrams are independent of the
location determined in the previous sections. They rely only on the full
great-circle propagation diﬀerence between R1 and R3. This dispersion data
may be used to directly retrieve the 1-D VS proﬁle of the upper mantle averaged along the great circle. The originality of the approach described in
this study is that the non-linearity between the data and the parameters is
fully taken into account thanks to a Bayesian method. First, synthetic data
are tested, using two diﬀerent models of the Martian mantle. Second, group
velocities computed from event C200802210246A (table 1) recorded at BFO
are considered. The results demonstrate the potential of the data to achieve
the ±5% requirement on VS .
5.1. Inverse Problem
Bayesian approaches allow us to go beyond the classical computation of
the unique best-ﬁtting VS model, in that they provide a quantitative measure
of the model uncertainty and non-uniqueness (e.g. Mosegaard and Tarantola,
1995). While these methods are popular in geophysics, their use in global
seismology is recent because of the large computational demand involved and
the large amount of inverted parameters (e.g. Shapiro and Ritzwoller, 2002;
Khan et al., 2009, 2013; Bodin et al., 2012; Mosca et al., 2012; Drilleau et al.,
2013; Shen et al., 2013a,b). Our inverse problem consists of computing the
VS proﬁle from surface wave dispersion diagrams. The data d are linked to
the parameters p through the equation, d = A(p), where the non-analytic
and non-linear operator A represents the forward problem. In the Bayesian
framework, the solutions of the inverse problem are given by the posterior
probability P (p|d) that the parameters are in a conﬁguration p given the
data are in a conﬁguration d. The parameter space is sampled according to
P (p|d). Bayes’ theorem links the prior distribution P (p) and the posterior
distribution P (p|d),
P (d|p)P (p)
,
P (p|d) = 
P (d|p)P (p)
p∈M
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(5)

where M denotes all the conﬁgurations in the parameter space. The probability distribution P (d|p) is a function of the misﬁt, which determines the
diﬀerence between the observed data d and the computed synthetic data
A(p). To estimate the posterior distribution (eq. 5), we employ the Metropolis algorithm (e.g. Metropolis et al., 1953; Hastings, 1970), which samples the
model space with a sampling density proportional to the unknown posterior
probability density function (pdf). This algorithm relies on a randomized
decision rule which accepts or rejects the proposed model according to its ﬁt
to the data and the prior.
The shape of the solution, the a posteriori pdf, is directly dependent
of the misﬁt function and of the data uncertainties. A classical procedure
is to take the maximum value of the energy diagram for each frequency as
the dispersion curve measurement and to compute the associated standard
deviation. The misﬁt function is then evaluated with a L1 or L2 norm.
But this procedure is reductive because the dispersion diagrams obtained
with real data give several maxima for a given frequency (see ﬁg. 11f, for
example). This non-linear behavior is taken into account thanks to the values
of the dispersion diagram, which can be seen as the uncertainties on group
velocities. In practice, each time a new model is randomly sampled, a score
is given between 0 and 1 (here called ’misﬁt coeﬃcient’) for each frequency
according to the position of the computed group velocity in the dispersion
diagram. The sum of the scores for all the frequency gives the misﬁt value.
5.2. Computational aspects
We employ the probabilistic procedure developed by Drilleau et al. (2013),
which relies on a Markov chain Monte Carlo algorithm. In what follows we
give a very brief outline of the practical implementation of the method, and
the reader is referred to Drilleau et al. (2013) for further details.
VS proﬁles are described using C1 Bézier curves (Bézier, 1966, 1967),
based on randomly chosen control points (or Bézier points). The advantages
of such a parameterization are that few parameters are required and that it
does not need a regularly spaced discretization of the points in depth. This
parameterization can thus be used to describe both smoothly varying models and ﬁrst-order discontinuities. The inverted parameters are the vectors
corresponding to the Bézier points for shear velocity values and the depths
at which these points are located. Diﬀerent amounts of control points are
used to allow diﬀerent degrees of complexity. From 1500 km depth to the
center of the planet, the shear velocities are those of PREM (Dziewonski
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and Anderson, 1981) for the Earth and those of Sohl and Spohn (1997) for
Mars. Considering the aforementioned boundary condition, the model contains between 18 and 26 parameters, depending on the number of Bézier
points employed (between 11 and 15).
The Bayesian formulation enables to account for a priori knowledge. In
this section we choose minimal prior information, which consists of uniform
probability distribution in wide realistic parameter spaces. The VS parameters are randomly sampled between the black curves in ﬁg. 11a–c, which
are the bounds of the model space. These bounds are chosen to sample the
models between ±10% at least of the PREM or the Model A of Sohl and
Spohn (1997). The reference seismic model only constrains the parameter
range and its choice is not as crucial as in linearized inversions.
We use scaling relations based on the experimental study of Isaak (1992)
to compute VP and ρ proﬁles from VS values. The attenuation proﬁle used
is PREM for the Earth. For Mars, the seismic attenuation proposed by
Lognonné and Mosser (1993) after the observation of Phobos secular acceleration is used. Models are considered to be isotropic. The forward problem,
which involves the computation of the fundamental mode of Rayleigh wave
dispersion curves as a function of period (here chosen between 40 and 200
seconds period), is performed with the MINEOS package based on the work
of Gilbert and Dziewoński (1975) and Woodhouse (1988).
5.3. Model and results
We apply this Bayesian inversion technique to both synthetic Martian and
real terrestrial data. The present knowledge of the Martian crust thickness
is still poor (see reviews by Neumann et al., 2004; Wieczorek and Zuber,
2004; Sohl et al., 2005; Sohl and Schubert, 2007; Mocquet et al., 2011), but
all studies converge to extreme bound values in the range 30 - 100 km (e.g.
Zuber et al., 2000; Nimmo and Stevenson, 2001; Nimmo, 2002). Here, two
synthetic models of Mars with a thick crust are chosen. Model 1 is the velocity
Model A of Sohl and Spohn (1997), with a 110 km-thick crust (dashed lines in
ﬁg. 11a). Model 2 has an additional layer mimicking an upper crust (dashed
lines in ﬁg. 11b). Real terrestrial data are also tested (ﬁg. 11c and f).
The results of the Bayesian inversions are shown in ﬁg. 11. Given that
only the fundamental mode is considered, the surface wave sensitivity rapidly
decreases below 400 km depth and the VS distributions are not shown deeper.
The VS proﬁles are particularly well deﬁned between the surface and 200 km
depth, where the pdfs are the highest. For identical ranges of investigated
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periods, the depth of well resolved seismic structures within the Earth and
Mars extends to about 200 km, and 400 km, respectively, as expected from
Mars’ radius, about half the Earth’s. Fig. 11a and b show that the distributions of Bézier curves are in very good agreement with the expected proﬁles.
An important result is that for the synthetic data (ﬁg. 11a and b), the ±5%
intervals around the median proﬁles of the distributions contain the input
models, which is one of the requirements of the InSight mission. For real
data (ﬁg. 11c), VS values are globally lower than the PREM ones but the
PREM is included in the ±5% interval.
The contours of the dispersion curves associated with the whole set of
accepted models are plotted with yellow curves on the input dispersion diagrams (ﬁg. 11d–f). They all match with the area of low misﬁt coeﬃcients,
which means that a large range of possible models could produce such a dispersion diagram. This good agreement between synthetic and tested data
clearly supports the method employed here for elucidating the seismic structure of planetary mantles from a large number of models.
The terrestrial group velocity is not tightly constrained at periods shorter
than ∼60 seconds for the studied event (ﬁg. 11f), and therefore does not
resolve crustal velocities (ﬁg. 11c). Given a similar frequency range, the
Martian synthetic tests do diﬀerentiate between the two diﬀerent end member crustal models (Models 1 and 2), but the crustal structure is still greatly
smoothed, particularly across the mid-crustal discontinuity in Model 2. While
getting reliable dispersion data to higher frequencies may be problematic with
great-circle average approaches, it may be possible using smaller events located using other location approaches that become feasible as the average
mantle velocity is constrained by the large events located using the approach
of this study. Synthetic tests with group velocity dispersion extended to 20
seconds allow us to determine more details about Martian crustal structure
when such data is available (ﬁg. 12).
6. Discussion
This study is not intended to robustly constrain the location capabilities
and uncertainties of the particular InSight instrument installation on the surface of Mars. That will, of course, depend on the still undetermined noise
characteristics of Mars and the installation itself, as well as the unknown
seismicity level of Mars. Based on modeling of Viking wind data, the microseismic noise on Mars with periods between 1 and 100 seconds is expected
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to be less than that on Earth by roughly an order of magnitude (Lognonné
and Mosser, 1993), and this is supported by more recent numerical calculations based on large eddy simulations (Lognonné et al., 2012b). This study,
however, is focused on demonstrating the eﬀectiveness of an approach of
determining locations and inverting for interior structure based on multiple
orbit surface wave recordings if the seismicity level of Mars and noise levels
of the InSight installation permit observations of such surface waves.
Further work is clearly necessary to work on enhancing techniques for
observations of multiple orbit surface waves with lower signal to noise ratios in
order to expand the range of this approach to lower event magnitudes and/or
higher installation noise levels. Undoubtedly, other techniques using body
waves will be necessary to locate smaller nearby events, and it is important to
work on making such locations more robust when the initial velocity model is
not well constrained, as will be the case in our initial observations on Mars.
7. Conclusions
Given the high quality design of the InSight experiment and current estimates of Martian seismicity, we have a high capability of detecting multiple
orbit surface waves on Mars. Our study veriﬁes that we can use such data
recorded on a single station for events just above the threshold for observability of such signals. This data allows for location within ∼1◦ in epicentral
distance and 30 seconds in origin time, which is adequate to allow for recovery of mantle velocity structure within ±5% using inversion of P and S travel
times for datasets with as few as 7 events. If we are able to record signals on
the horizontal components with suﬃcient signal to noise ratio, backazimuth
determination allows for absolute locations within 10◦ , which can localize
the seismic source within a tectonic region of the Martian surface. Finally,
the multiple orbit surface waves allow for the determination of fundamental
mode group velocity dispersion independent of location error, which can more
tightly resolve upper mantle velocities. Overall, such a single station dataset
should allow us to get relatively tight constraints on the interior structure of
Mars, giving us unprecedented constraints on the structure and evolution of
another terrestrial planet.
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Lognonné, P., Giardini, D., Banerdt, W., Gagnepain-Beyneix, J., Mocquet,
A., Spohn, T., Karczewski, J., Schibler, P., Cacho, S., Pike, W., Cavoit, C.,
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Mimoun, D., Lognonné, P., Banerdt, W.B., Hurst, K., Deraucourt, S.,
Gagnepain-Beyneix, J., Pike, T., Calcutt, S., Bierwirth, M., Roll, R.,
Zweifel, P., Mance, D., Robert, O., Nébut, T., Tillier, S., Laudet, P.,
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Lognonné, P., 2005. Interior structure of terrestrial planets: Modeling
Mars’ mantle and its electromagnetic, geodetic, and seismic properties. J.
Geophys. Res. 110, E04009. doi:10.1029/2004JE002271.
Vinnik, L., Chenet, H., Gagnepain-Beyneix, J., Lognonné, P., 2001. First
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